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Abstract: Secondary minerals in SNC meteorites from Mars exhibit O isotope ratios believed to
be consistent with the non-thermal escape of O from the atmosphere. The primary source of the
non-thermal O is the dissociative- recombination of O2

+ in the ionosphere. I present here the results
of a model that accounts for the probability of escape of non-thermal O isotopes due to collisions with
overlying CO2, combined with a model for Rayleigh fractionation of the atmosphere remaining as a
result of O escape. Previous analyses of MAVEN number density data have shown a strong variability
with latitude and season of the heights of the homopause and exobase, with a mean homopause at
110 km and a mean difference of about 60 km. Rayleigh model results demonstrate a dependence on
homopause height and on temperature profile and require a more accurate calculation of fractionation
factors for the Rayleigh equation. Isothermal temperature profiles yield much smaller variation in
17O with homopause height. These results demonstrate the need for a careful assessment of O isotope
enrichment due to non-thermal escape both for the modern atmosphere and for the evolution of the
atmosphere over the age of the planet.

Keywords: Mars; escape; oxygen isotopes

1. Introduction

The low surface gravity of Mars allows for the non-thermal loss of some key con-
stituents of the atmosphere. The photoionization of CO2 leads to the production of O2

+

which after dissociation recombination with ionospheric electrons creates a flux of non-
thermal O atoms with sufficient energy to escape the planet [1,2]. Meteorites from Mars
contain secondary minerals with oxygen isotope signatures that may be consistent with
such escape processes [3]. The isotopic signature present in the meteoritic minerals is
referred to as mass-independent fractionation, or MIF, and can result from various chemical
and physical processes, including escape [4]. Over the history of the planet, oxygen escape
may have left its signature on the isotope composition of Martian volatiles present in the
surface and atmospheric reservoirs.

I use a Rayleigh fractionation model to compute the isotope fractionation expected
for the escape of hot oxygen atoms and to assess whether escape can be responsible for
imparting an 17O enrichment to Martian volatiles. The Rayleigh model accounts for O
isotope abundances from the homopause to the escape altitude of the hot oxygen atoms.
This is in contrast to the more usual practice of computing the escape at the exobase, which
is higher than the escape altitude of hot O atoms. In addition, the NGIMS instrument on
the NASA MAVEN spacecraft has observed quite pronounced seasonal variation in the
altitude of the homopause [5]. I explore here whether the O isotope ratios in the remaining
atmosphere are affected by the altitude of the homopause.

This work addresses the issue of loss of the atmosphere of Mars over the age of the
planet, which is crucial to our understanding of how Mars evolved to its present mostly
desiccated state. Analysis of MAVEN data on Ar isotopes measured in the thermosphere
determined a loss of about 66% of atmospheric Ar since the loss of the internally derived
magnetic field on Mars [6]. Oxygen isotopes have also been previously used to make similar
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estimates, yielding loss percentages of about 20% [4]. Comparable results are reported
here, although with some variability. A consistent story emerges of the loss of a significant
fraction of the atmosphere since the loss of a substantial magnetospheric shield on Mars.

2. Diffusion Profiles in Mars’s Atmosphere

I use a photochemical model [7] to define total number density and eddy diffusion
coefficient profiles used in the Rayleigh model. In this model, the homopause is at an
altitude of 120 km. Below the homopause, eddy diffusion dominates, leading to minimal
transport-derived isotope fractionation. Above the homopause, molecular diffusion is
dominant and causes significant mass-dependent isotope fractionation, leading to the
depletion of heavier isotopes [4]. Monte Carlo calculations show that the escape of hot
oxygen, O*, generated by O2

+ + e → O* + O*, occurs to altitudes of about 175 km and
above [8]. To account for hot O escape from simpler collisional models, I extend the escape
altitude to 145 km [9]. MAVEN NGIMS measurements of number densities have been
used to show that homopause altitudes vary from about 70 to 125 km [5]. Inflation and
contraction of the atmosphere over the seasonal cycle, possibly associated with gravity
wave dissipation, causes the exobase altitude to vary as well, but with a difference in
exobase and homopause heights that is restricted to about 45 to 75 km.

The continuity equations solved in typical photochemistry models are of the form

dni
dt

+
dϕi
dz

= Pi − Li (1)

where ni and ϕi are the number density (cm−3) and vertical flux (cm−2 s−1), respectively,
for species i in the model. Pi and Li are the production and loss rates (cm−3 s−1) for species
i due to chemical and photodissociation reactions. The vertical flux satisfies the first-order
diffusion equation

ϕi = −Di

(
dni
dz

+
ni
Hi

)
− K

(
dni
dz

+
ni
Ha

)
(2)

where Di is the molecular diffusion coefficient for species i diffusing through the back-
ground atmosphere, and K is the vertical eddy diffusion coefficient applicable to all species.
The scale height of species i in the molecular diffusion regime is

Hi =
kT
mig

(3a)

and for the well-mixed atmosphere it is

Ha =
kT

mag
(3b)

for mean molecular mass, ma. The homopause is defined as the height at which Di > K for
most species. The occurrence of mi in Equation (3a), and not in Equation (3b), is the basis of
diffusive separation in the thermosphere.

The homopause of a planetary atmosphere represents the transition from convective
and radiative energy transport below the homopause (the well-mixed region of the at-
mosphere up to about 100 km for Earth) to primarily conductive energy transport above
the homopause. The formation of hot O atoms due to FUV and EUV dissociation and
ionization of O2 in Earth’s ionosphere contributes to the high temperatures (~1000 K) from
which the thermosphere’s name was originally derived. At altitudes below the homopause,
oxygen isotope fractionation results from mostly mass-dependent photochemical reac-
tions, mass-independent photochemistry (non-statistical reactions) such as for O3, or from
mass-dependent condensation/evaporation processes. Eddy mixing below the homopause
makes transport-derived isotope fractionation negligible, except for condensation reactions.
At altitudes above the homopause, molecular diffusion is the primary means of vertical
transport, resulting in very large mass-dependent fractionation of isotopes.
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In the thermosphere, diffusive equilibrium, meaning zero flux, is a useful approxima-
tion. Setting ϕi i = 0 in Equation (2) and solving for ni yields [10,11]

ni(z) = ni(z0) exp

−
z∫

z0

(
Di
Hi

+
K
Ha

)
1

Di + K
dz

 (4)

where z0 is a reference height, which could be the ground or the homopause, or some other
preferred height. We will use Equation (4) to estimate the expected isotope fractionation
in the thermosphere. This can only be considered an estimate because photochemistry,
ion–molecule chemistry, and the details of the escape process are neglected.

A diffusion-only model yields the delta-value profiles shown in Figure 1. Using the
ratios of number densities to compute delta-values relative to the homopause, we have

nx(z)
n16(z)

=
nx(zh)

n16(zh)
e−(z−zh)(

1
Hx −

1
H16

) (5)

where the difference in the inverse scale heights is

1
Hx

− 1
H16

=
g

kT
(mx − m16) (6)

O isotope ratios are conveniently expressed in delta notation as δxO for x = 17 or
18 and relative to a mean ocean water (SMOW) standard. An excess of 17O relative to
the usual mass-dependent fractionation is expressed as ∆17O. For small δ-values, the 17O
excess is approximately given by ∆17O = δ17O − 0.528δ18O, where both δxO and ∆17O
are expressed in permil. Equation (6) exhibits O isotope fractionation with an exponent
of 0.500, rather than the usual mass-dependent 0.528 as derived from zero-point energy
considerations [11], as shown by Figure 1. Although diffusion in the atmosphere deviates
significantly from mass-dependent fractionation, as I show below, this results in a relatively
small positive ∆17O due to escape, consistent with the isotope record from SNC meteorites.
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Figure 1. O isotope results from a C-O Mars atmosphere model based on [7]. (a) 17O (solid lines) and 
18O  (dashed  lines)  for O  (green)  and CO2  (blue). CO2 values are  compared  to ground-level SAM 

measurements from the Curiosity rover [12]. (b) 17O for O (green) and CO2 (blue). These values were 
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Figure 1. O isotope results from a C-O Mars atmosphere model based on [7]. (a) δ17O (solid lines)
and δ18O (dashed lines) for O (green) and CO2 (blue). CO2 values are compared to ground-level
SAM measurements from the Curiosity rover [12]. (b) ∆17O for O (green) and CO2 (blue). These
values were calculated with a slope factor of 0.528 (solid lines) and 0.500 (dashed lines). Note that the
0.500 slope greatly reduces the magnitude of ∆17O in the thermosphere [11,12]. (Figures are adapted
from [12]).

3. Collisional Model for Hot xO Escape

The dissociative recombination of O2
+ yields O atoms with various kinetic energies

depending on the electronic state of the atom. Cravens et al. [9] summarize the branching
as follows:

O2
+ + e → O(3P) + O(3P) + 6.96 eV (0.22)

O(3P) + O(1D) + 5.00 eV (0.42)
O(1D) + O(1D) + 3.02 eV (0.31)
O(1D) + O(1S) + 0.80 eV (0.05)

(7)

The kinetic energy needed for an O atom to escape from Mars at an exobase altitude of
about 200 km is approximately 2 eV. The first two branches, comprising a total branching
ratio of 0.64, yield O or O(1D) atoms with sufficient excess kinetic energy for escape. More
precisely, the escape velocity at 200 km is 4.9 km s−1 (and 5.0 km s−1 at the ground). The
dissociative recombination of 32O2

+ produces 16O atoms with a velocity of 5.5 km s−1.
The recombination of 18O16O+ produces 16O with a velocity of 5.6 km s−1 and 18O with a
velocity of 5.0 km s−1 from linear momentum conservation. Therefore, even hot 18O has
sufficient kinetic energy to escape at exobase altitudes. I will assume here that the fraction
of hot 17O and 18O with sufficient kinetic energy for escape is the same as that of hot 16O.
This means that I am neglecting the distribution of velocities that the hot xO atoms may
have and the possibility that the low-velocity tails of those distributions will be different for
the mass 16, 17, and 18 O isotopes. Isotope-dependent velocity distribution is considered
in more detail in [1]. I am also neglecting any velocity difference between O(3P) and O(1D)
in the second branch of Equation (7).

Cravens et al. [9] describe a model for treating the escape of hot O atoms produced
as a result of the dissociation recombination of O2

+. We apply the same model here to the
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escape of 16O, 17O, and 18O. In this formulation, O escape is characterized by an escape
probability, Gesc(z,q), where q is the angle of the trajectory of an escaping O atom relative to
the local outward radial vector. Following Cravens et al. [9], we write the escape flux of hot
O atoms as

Fesc(z) =
1

4π

∞∫
z

dz′
π
2∫

0

PO(z′)Gesc(z′, θ)2π sin θdθ (8)

where PO(z) is the production rate of hot O atoms from O2
+ recombination, and local

azimuthal symmetry is assumed. Because nearly all O2
+ is a result of CO2

+ reactions,
especially CO2

+ + CO2 → O2
+ + 2CO, we can approximate O2

+ production with CO2
+

production and write
PO(z) = γPCO+

2
(z) (9)

where g = 0.64 * 2 = 1.28 is the fraction of O atoms with kinetic energy sufficiently high for
escape. The production rate for CO2

+ is given by

PCO+
2
(z) = JCO2(z)nCO2(z) (10)

with an ionization rate coefficient

JCO2(z) =
λi∫

0

σi
CO2

(λ)F0(λ)e−τ(λ,z) sec χdλ (11)

The optical depth is the sum over all absorbers up to the ionization limit for CO2 at
li = 90.0 nm (13.777 eV) but will be dominated by CO2 absorption and CO2 ionization to
produce CO2

+ + e−, so we have

τ(λ, z) = σabs
CO2

NCO2 ≈ 2σi
CO2

NCO2 (12)

The remaining variables in Equation (11) are the solar photon flux at the top of the
atmosphere, F0, and the solar zenith angle, c. An approximate mean value for the ionization
cross section is σi

CO2
= 3 × 10−17 cm2.

The escape probability for a hot O atom, Gesc in Equation (8), can be described in
terms of the collision cross sections and overhear column densities for the relevant upper
atmospheric species and is shown in Figure 2. CO2 is the dominant collision partner in the
thermosphere, and we write

Gesc(z, θ) = e−σOCO2 NCO2 sec θ (13)

where the backscatter cross section for O collisions with CO2 is σOCO2 = 1.3 × 10−15 cm2.
Atomic oxygen is also abundant in the thermosphere but has a backscatter cross section
about a factor of 5 lower [9]. Other thermospheric species such as N2 and CO are low
enough in abundance to be negligible scatterers.

Inserting Equations (9)–(13) into Equation (8), and noting that dNCO2 = −nCO2 dz′ and
that σabs

CO2
secχ ≪ σOCO2secθ, in general, we obtain

Fesc(z) =
γJ0

CO2

4σOCO2

π
2∫

0

(1 − e−σOCO2 NCO2 (z) sec θ) sin 2θdθ (14)

where J0
CO2

≈ 1 × 10−6 s−1 is the ionization rate constant (or ionization frequency) at the
top of the atmosphere. The very high collision cross section of O with CO2 compared to
the ionization cross section for CO2 means that O escape is mostly restricted to altitudes
at which CO2 ionization occurs under optically thin conditions (Figure 3). Integrating
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Equation (10) over the full range of z, from the ground to the exobase, yields an O escape
flux of

F0
esc =

γJ0
CO2

4σOCO2

= 2.5 × 108 O atoms cm−2s−2 (15)
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of solar zenith angle, c. The number density profile of CO2 is from the atmosphere model of [6].
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It is useful to solve Equation (14) to obtain an expression for the flux of escaping O as
a function of z. This solution is detailed in Appendix A, with the result

Fesc(≥ z) = F0
esc(1 + (a − 1)e−a − a2E1(a)) (16)

where a = τCO2(z) = σOCO2 NCO2(z) and E1 is the exponential integral E1(x) =
∞∫
1

e−tx

t dt,

which is a commonly available function. The escape flux of O at altitude z includes all O above
z, as indicated by the notation Fesc(≥ z). For small arguments, E1(a) → −γEuler − ln(a) ,
where γEuler = 0.57721. Then, as τCO2 → 0 , Fesc(≥ z) → 0 , meaning that there is no atmo-
sphere available for escape. For large arguments, a >> 1, E1(a) → e−a

a , which approaches
zero for high optical depths, and Fesc(≥ z) → F0

esc . These results will be useful for the
evaluation of isotope fractionation due to the escape of hot O atoms.

4. Rayleigh Fractionation Model

As applied to atmospheres, Rayleigh fractionation describes isotope fractionation
in a well-mixed atmosphere as material moves between two reservoirs or, in the case
of loss from the atmosphere, between material lost to space and the fraction of retained
atmosphere [4]. The Rayleigh fractionation equation is

Rx = Rx,0 f αx−1 (17)

where R is the ratio of heavy to light isotopes in the bulk atmosphere, f is the fraction
of atmosphere remaining, and ax is the fractionation factor. The fractionation factor at
altitude z is the ratio of the number density of xO/16O at z divided by the same ratio at
zh, the homopause altitude. For molecular diffusion-dominated profiles at or above the
homopause, the fractionation factor is

αx(z, zh) = e−(z−zh)g(z)∆mx/kT(z) (18)

where g(z) = GM/r2 is local gravitational acceleration at r = RMars + z and Dmx = mx −
m16 for x = 17 or 18. Fractionation factors are shown in Figure 4 for several homopause
altitudes and for the temperature profile from Nair et al. [7] (Figure S1). The importance of
the temperature profile will be considered further below.

For the Rayleigh formulation to be valid in the thermosphere of Mars, the timescale for
mixing by molecular diffusion must be less than the timescale for loss of O due to escape.
The molecular diffusion timescale for O in CO2 gas is

tmolec ∼
H2

O
DOCO2

(19a)

and the eddy mixing timescale is

teddy ∼ H2
a

K
(19b)

HO and Ha are given by Equations (3a) and (3b), respectively. The timescale for the
loss of O from a height z is

tesc ∼ NO(≥ z)
Fesc(≥ z)

(20)

As seen in Figure 5, the timescales for either eddy mixing or molecular diffusion are
shorter than the O escape timescale at all altitudes in the atmosphere, as required by the
Rayleigh distillation formulation. The O escape timescale becomes constant below about
60 km because the O number density falls off sharply with decreasing altitude.
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Figure 5. Timescale for escape of hot O atoms versus timescales for mixing by eddy and molecular
diffusion. Mixing timescales are shorter than the O escape timescale at all altitudes, as is required by
the Rayleigh distillation equation.
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Because hot O escape occurs over a range of altitudes, we compute the Rayleigh
fractionation by a weighted integral over altitude. The weighting function is the volume
escape rate at altitude z, dFesc(z)

dz , which from Equation (8) is given by

dFesc(z)
dz

=
1
2

PO

π
2∫

0

Gesc(z, θ) sin θdθ (21)

Substituting in previously defined quantities, the volume escape rate becomes

dFesc(z)
dz

=
γJ0

CO2
nCO2(z)

2

π
2∫

0

e−σOCO2 NCO2 (z) sec θ sin θdθ (22)

Evaluating the integral using the expressions in Appendix A, we find

dFesc(z)
dz

=
γJ0

CO2
a

2σOCO2 HCO2

(e−a − aE1(a)) (23)

where, as above, a = τCO2(z) = σOCO2 NCO2(z) and E1 is the exponential integral. This
expression approaches zero for both large and small values of a, as seen in Figure 6.
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We computed the weighted isotope ratio in the bulk atmosphere as

⟨Rx(zh)⟩ =
Rx,0

F0
esc

ztop∫
0

f αx(z,zh)−1
(

dFesc(z)
dz

)
dz (24)
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where ax is given by Equation (18) and ztop is the altitude of the top of the atmospheric model,
240 km in this case. Because the fractionation factor depends on zh, ⟨Rx⟩ also depends on
zh. The O isotopic ratios obtained from Equation (24) for the bulk atmosphere expressed
as delta-values are given in Figure 7a,b versus the fraction of atmosphere remaining.
These results are for an initial isotopic composition of terrestrial ocean water (VSMOW)
for the Martian atmosphere. This assumed initial isotope composition is convenient for
demonstrating the effects of atmospheric loss predicted by the Rayleigh model. It could
also be argued that the starting O isotope composition should be that of bulk SNC silicates
which have an 17O enrichment of about 0.3 permil compared to VSMOW (Figure 7b). This
will be discussed further below.

From Figure 7a, enrichment comparable to the observed delta-values measured by
the MSL TLS instrument for CO2 at the Martian surface requires a loss of 15% of the
atmosphere for a homopause height of 70 km and a loss of 25% for a homopause at
125 km. A corresponding enrichment in ∆17O from a value of zero to about 0.8‰, a value
comparable to secondary minerals in Martian meteorites (Figure 7b), requires a loss of about
15% of the atmosphere for a homopause at zh = 70 km and a 50% loss for zh = 100 km. When
the homopause is at 125 km, a depletion occurs, yielding ∆17O < 0, which is inconsistent
with the meteorite O isotope data. Only a homopause height of 70 km yields mutually
consistent enrichments of δ17O, δ18O, and ∆17O. The loss of about 15% of O predicted from
this model is lower than the 66% loss of atmospheric Ar derived from MAVEN NGIMS
measurements of 38Ar/36Ar [6] and is only slightly lower than the 20% depletion in O
reported previously [4]. A surprising result is the strong dependence of ∆17O on the
homopause altitude (Figure 7b), such that a homopause at 125 km is ruled out by the
Rayleigh fractionation model. We consider this further below.
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Figure 7. (a) Rayleigh model delta-values for the remaining fraction of atmospheric oxygen for hot O
atom escape over a range of altitudes determined by the escape probability. Results for homopause
heights at 70, 100, and 125 km are shown. The vertical gray bars are the δ17O and δ18O values for
present-day CO2 measured by the MSL TLS instrument on the Mars Curiosity rover [12]. (b) The
corresponding 17O enrichment delta-value, ∆17O, computed for a fractionation law exponent of
0.528. The vertical gray bar is the 17O enrichment measured in Martian meteorite silicates relative to
VSMOW, and the vertical orange bar is the range measured for Martian meteorite secondary minerals
(sm), such as carbonate, sulfate, and water [3].

The fractionation factors (Figure 4) and the delta-values for the remaining atmosphere
(Figure 7) are both dependent on the assumed temperature profile, which is from [7]
(Figure S1). To explore the dependence on temperature, we also considered a 200 K isother-
mal temperature profile. I only look at how the fractionation factors and the resulting
Rayleigh equation results were affected by temperature, without recomputing the model
atmosphere for the isothermal temperature profile. Figure 8 shows the fractionation factors
for the 200 K isothermal case, and Figure 9 gives the δxO and ∆17O values for the fraction
of atmosphere remaining. About 20% of the atmospheric O must be lost to agree with the
MSL SAM measurements of CO2 isotope ratios at the ground [12], and about 70–75% of
atmospheric O must be lost to agree with the SNC secondary mineral value of ∆17O. The
sign of ∆17O is independent of homopause altitude for the isothermal case. Figures 7 and 9
make clear that the temperature profile can influence the magnitude and sign of ∆17O in the
remaining portion of the atmosphere and therefore must be considered when evaluating O
isotope evolution over the age of the planet.
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Figure 9. Same as Figure 7 but for a 200 K isothermal temperature profile and assuming an exobase
altitude 60 km above the homopause altitude. (a) Delta-values of remaining atmosphere versus
fraction remaining. Assuming VSMOW initial isotope ratios for atmospheric oxygen on Mars, loss of
about 20% of atmospheric O is consistent with MSAL SAM measurements of isotope ratios in CO2.
(b) Corresponding ∆17O values assuming a fractionation law exponent of 0.528. Assuming VSMOW
initial isotope ratios, loss of 70–75% of atmospheric O is needed to agree with O isotope ratios in SNC
secondary minerals.

5. Discussion

The depletion in 17O shown in Figure 7b for the case with the homopause at 125 km
is an unexpected result. Because temperature and gravitational acceleration vary with
altitude for these model profiles [7], the fractionation factors for escaping O atoms require
a more accurate estimate than that given by Equation (18). The variation in temperature
with altitude introduces a term of the form ni

T
∂T
∂z in both the molecular diffusion and eddy

diffusion expressions on the right-hand side of Equation (2). This factor is important
for computing number density profiles but is independent of isotope mass and so does
not contribute to isotope fractionation. However, the species-specific scale height, Hi, is
dependent on mass. Neglecting eddy diffusion and assuming g and T are independent of z,
Equation (5) leads directly to the fractionation factor given in Equation (18). When g and T
vary with height, Equation (4) yields a new expression for the fractionation factor (again
neglecting eddy diffusion),

αx(z, zh) = exp(−
z∫

zh

(
1

Hx
− 1

H16

)
dz) (25)

where Hx and H16 are defined as in Equation (3). Equation (25) reduces to Equation (18) for
constant scale heights.

Evaluating Equation (25) for the conditions of [7] yields fractionation factors that
exhibit a monotonic variation with altitude (Figure 10). The resulting delta-values are
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similar to those of Figure 7 but with somewhat higher magnitudes (Figure 11). More
importantly, the 17O depletion shown in Figure 7b is no longer present. Figure 11a,b do
not yield a consistent solution for both small and capital deltas when compared to existing
spacecraft and meteorite data. Changing the initial oxygen isotope ratios to match SNC
silicates rather than SMOW yields the ∆17O curve shown in Figure 12. The required loss
of atmosphere for small (Figure 11a) and large (Figure 12) delta-values is closer to being
self-consistent.
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variation with altitude of gravity and temperature.

Analyses of MAVEN NGIMS number density data for N2, Ar, and Ar isotopes have
revealed a highly variable homopause altitude that varies from about 75 to 125 km with
a mean value of about 110 km [5]. Similarly, the exobase height varies from about 150 to
180 km, mostly synchronous with the variations in the homopause height. The difference
between the exobase height and the homopause height varies from about 45 to 75 km,
with a mean close to 60 km [5]. The variation in the homopause height is a function
of latitude, season, and time of day. The exobase height shows a similar variation with
latitude and season. Complicating the determination of these key atmospheric altitudes,
especially for the homopause altitude, are the presence of strong gravity and/or tidal wave
signatures in the temperature profiles [5,13–15]. Analysis of the fractionation of O isotopes
accompanying the escape of O over the Martian year for the modern atmosphere will
need to consider the variation in temperature profiles and homopause and exobase heights.
Similar calculations over the age of the planet will also need to consider these variations
but with far greater uncertainties in temperature profiles and dynamical heights.
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Figure 11. (a) Rayleigh model delta-values for the remaining fraction of atmospheric oxygen, as
in Figure 7. These results use fractionation factors that more accurately account for the altitude
variation in scale height. (b) The corresponding 17O enrichment delta-value, D17O, computed for a
fractionation law exponent of 0.528. The case for a homopause at 125 km now yields a solution more
consistent with SNC meteorite data.
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Figure 12. The corresponding 17O enrichment delta-value, ∆17O, computed for a fractionation law
exponent of 0.528. The initial O isotope reservoir in the atmosphere is assumed to be that of SNC
silicates [3]. The case for a homopause at 125 km now yields a solution more consistent with SNC
secondary mineral data.

6. Conclusions

I present the results of a simplified collisional escape model for O isotopes coupled
with a Rayleigh distillation model to address the isotopic variation in the escape of O
from the present Mars atmosphere. For assumed temperature and CO2 profiles from a
well-vetted photochemical model [6], I show that O isotope ratios consistent with modern
atmosphere CO2 and Martian meteorite secondary minerals occur for ~20% oxygen escape
from the atmosphere for a homopause height of ~125 km. For a homopause height of
125 km, closer to the mean value of 110 km inferred by MAVEN, I find a small negative
∆17O value, a result that is incompatible with O isotope analysis of secondary minerals in
SNC meteorites. Computing fractionation factors that account for the altitude variation
in scale heights eliminates this unexpected result. The Rayleigh fractionation model for
an isothermal atmosphere yields only a weak dependence on the homopause height and
always gives positive ∆17O values for the remaining fraction of the atmosphere. Consider-
ing the strong latitudinal and seasonal variation in the homopause and exobase heights
inferred from MAVEN observation of atmospheric number densities, a careful analysis
of the expected fractionation of O isotopes for a set of self-consistent temperature and
diffusion profiles is needed. Atmospheric models that include early high solar EUV erosion
of the atmosphere by pickup ions are needed to fully address the evolution of O isotope
ratios but will also have to account for possible isotopic effects due to variable homopause
and exobase heights.
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Appendix A

The integral portion of Equation (14) to be evaluated is defined as

I1 =

π
2∫

0

e−a sec θ sin 2θdθ (A1)

Using the substitution u = secq, I1 becomes

I1 = 2
∞∫

1

e−au

u3 du (A2)

Gradshteyn and Ryzhik [7] (7th ed., p. 340), give a solution to this class of definite
integrals as

∞∫
b

e−px

xn+1 dx = (−1)n pn E1(pb)
n!

+
e−pb

bn

n−1

∑
k=0

(−1)k pkbk

n(n − 1) . . . (n − k)
(A3)

where E1(x) =
∞∫
1

e−tx

t dt. Evaluating Equation (A2) with b = 1, n = 2, and p = a, we obtain

I1 = a2E1(a)− (a − 1)e−a (A4)

The integral portion of Equation (22) is defined as

I2 =

π
2∫

0

e−a sec θ sin θdθ (A5)

which upon the substitution u = secq becomes

I2 =

∞∫
1

e−au

u2 du (A6)

From Equation (A2) with n = 1, I2 is

I2 = e−a − aE1(a) (A7)
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