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Abstract

:

The effect of an ionospheric dynamo electric field on the electron density and total electron content (TEC) perturbations in the F layer (150–600 km altitudes) is investigated at two arbitrarily selected locations (noted as 29° N and 60° N in latitudes) in the presence of seismic tsunami-excited gravity waves propagating in a stratified, nondissipative atmosphere where vertical gradients of atmospheric properties are taken into consideration. Generalized ion momentum and continuity equations are solved, followed by an analysis of the dynamo electric field (E). The E-strength is within several mV/m, determined by the zonal neutral wind and meridional geomagnetic field. It is found that, at the mid-latitude location,   n  e  ′   is dominated by the atmospheric meridional wind when   E = 0  , while it is determined by the zonal wind when   E ≠ 0  . The perturbed TEC over its unperturbed magnitude lies in around 10% at all altitudes for   E = 0  , while it keeps the same percentage at most altitudes for   E ≠ 0  , except a jump to >25% in the F2-peak layer (300–340 km in height). By contrast, at the low-latitude location, the TEC jump is eliminated by the locally enhanced background electron density.
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1. Introduction


Tsunamis have been a significant threat to humans living in coastal regions throughout recorded history. The Sumatra tsunami of 2004 took the largest toll of human life on record, with approximately 228,000 casualties attributed to the tsunami waves [1]. It is therefore necessary to provide reliable tsunami forecast and warning system which provides estimates of tsunami properties before the tsunami itself arrives at a given shore. From as early as the 1970s, modeling results have demonstrated that the ionospheric signature of an ocean tsunami can potentially be detected as traveling ionospheric disturbances (TIDs) produced by internal gravity waves propagating upward in the upper atmosphere in periods of 10–30 min, horizontal wavelengths and phase speeds of several hundreds of km and ∼200 m/s, respectively, and vertical speeds of the order of 50 m/s (e.g., [2,3,4,5,6,7,8,9,10,11,12,13,14,15,16,17,18]), and these tsunami-driven TIDs have been identified in ionospheric total electron content (TEC) data, the vertical integration of the ionospheric electron density (  n e  ), as measured from ground-based GPS radio signals (e.g., [19,20]) or satellite altimeter radar [21].



During and after 2004–2007 earthquakes over Sumatra, more and more tsunami-related ionospheric perturbations have been studied. For example, data analyses of the Jason-1 and Topex/Poseidon satellite altimeters demostrated that, between 250 and 350 km of altitude, the effect of neutral-plasma coupling was verified to be maximum, with 10% TEC perturbations, and the electron density,   n e  , up to   ∼ 5 ×  10 12    m    − 3    [21]. In addition, Occhipinti et al. demonstrated that when tsunami is in the northern hemisphere the perturbed electron density,    n  e  ′  /  n  e 0     (where   n  e 0    is the local density), does not exceed 10% in both E and F regions; however, when it travels south,    n  e  ′  /  n  e 0     can reach to 80% for a simple tsunami model of wave package with a principal period of 20 min and wavelength of 230 km [8]. Example TEC variation curves were also produced when the tsunami is located at −10° N, 0° N, 10° N, and 20° N of latitude for a northward propagating tsunami, and 10° N, 0° N, −10° N, and −20° N for a southward one, respectively. In the northward case, the authors showed the latitudinal dependence of the local electron density perturbations: in the GPS-favored F-region, gravity wave-driven perturbation is strongly dependent on magnetic inclination angle (I): within   I = [  40 °  ,  20 °  ]   with   I =  0 ∘    near 10° N, the perturbation appears the most intensive, while outside the range the perturbation turns to zero.



Moreover, TEC measurements reported 30% and 40%–70% changes, respectively, in 40 min to two hours of the wave propagation [22]. The most recent extensive study examined events from Sumatra 2004 to Tohoku-Oki 2011 as measured by local networks SEAMERGES (30 stations), CTO/SUGAR (up to 32 stations), CTO/CENTRAL-ANDES (10 stations), SAMOANET (13 stations), and GEONET (1000 stations) [23]. The study explored the perturbations close to the epicenter of several events with different network (note that only Tohoku 2011 use GEONET). The amplitude of TEC perturbations exceed ±0.25 TECU (but within ±0.5 TECU; 1TECU =   10 16   m    − 2   ) in the three different stations measured on a same day (Figure 6 of the paper). However, this amplitude varies for different locations and times. For example, by comparing with the data of the previous day of another station to ensure earthquake-related oscillations, Rolland et al. reported that the perturbation was nearly 2 TECU [24]: upper right panel, Figure 3.



Relative to the measured ≤20% and 10%–70% variations in   n e   and TEC, respectively, either earlier or later predictions from theoretical modeling of gravity waves overestimated   n e  -fluctuations and diversified TEC-modulations in response to the wave propagation through an assumed adiabatic or more realistic atmosphere. A standard perturbation treatment was firstly established by Hooke to obtain the magnitude of the effects of gravity waves on the creation of ionospheric irregularities [25]. However, a thorough investigation by following the procedure acquired a peak   n e  -fluctuation of 20%–40%, an estimation the authors considered to be exaggerated for realistic perturbations [4]. After Occhipinti et al.’s first development and application of a full-wave model (FWM) to compare a numerical modeling results with real data [21], Hickey et al. [11] continued their early work on FWM (e.g., [27,28,29,30]) and employed MacLeod’s ion dynamics [26] to expose   δ  n e  ∼ 50 %   down to 5% from adiabatic to nonadiabatic situations; while both the electron number density and TEC can reach 100% under quasi-adiabatic conditions with neutral wind perturbations of several 100 m/s, the corresponding responses of   δ  n e    in realistic viscous atmosphere is an order of magnitude smaller than before, and the TEC responses were only a factor of ∼3 smaller than before. By contrast, a case study on the 2004 Sumatra tsunami by employing Hooke’s model provided   δ  n e   ∼15%–40%, with    n  e  ′   ∼ ( 1   –   6 ) ×   10 11   /m   3  , from dissipative to loss-free models at 100–450 km altitudes, and in the lossless case,    n  e  ′  /  n  e 0   > 100 %   above 255 km; the peak perturbation of electron density, ∼  2 ×  10 11   /m   3  , appears at 238 km with   δ  n e  = 37 %  ; at the 303 km height of maximum   n  e 0   ,   δ  n e  = 14 %  ; while the TEC perturbation is within   7 . 5  % of the unperturbed magnitude, consistent with measurements of <10% variations [12].



Contributions by previous authors, e.g., Hooke, Occhipinti et al., Hickey et al., especially the most recent study by Meng et al. [31], are classical to elucidate the long-lasting issues of travelling ionospheric disturbances (TIDs) in a plasma environment, and of gravity wave propagations under realistic atmospheric conditions (e.g., [32,33,34]), respectively. The above mentioned overestimation in electron density perturbation might originate from some terms which, though necessary to be included in the set of equations to describe realistic atmospheric/ionospheric processes, were omitted either intentionally for convenience of mathematical manipulations, or unintentionally due to a lack of sufficient experimental support at early time to show their importance to be involved. After a revisit to these pioneer work, we find the missing terms are related to ionospheric dynamo electric field ( E ) which may play an appreciable role in both Hooke’s electron density equation and MacLeod’s ion dynamic equation. Luckily, Occhipinti et al. included Earth’s electric field terms [8,21]. However, the modeling argued that the effect of the electric field polarization is negligible on the resulting perturbation of ion velocities, and ion’s and electron’s densities under the effect of gravity waves.



As a matter of fact, from the early 1970s the  E -influence on atmospheric phenomena drew much attention (see pioneer work by Cole in [35,36]). Albeit the fact, it is understandable that the electric field effect was neglected in early models. This is because only after abundant spaceborne data became available from the 1980s (e.g., [37,38,39,40,41,42,43,44,45]), has the  E -effect on charge kinetics, linear wave excitation and propagation, and nonlinear plasma dynamics been eventually recognized unambiguously, investigated attentively, and developed consistently in the last 35 years (e.g., [46,47,48,49]). In auroral ionosphere, for example, Cole’s model exposed a magnitude of   | E | ∼   a few mV/m drives ions away from Maxwellian substantially due to the   E × B   drift (where   B = B b   is the local geomagnetic field and  b  is the unit vector along magnetic field lines), the magnitude of which is larger than the local thermal speeds of neutrals. These abundant theoretical and experimental studies demonstrated that the electric field effect is more conspicuous at high latitude (seldom relevant to tsunami-related applications); however, whenever E exists anywhere, including regions at mid- or low latitudes, plasma properties are modulated accordingly. Therefore, it is necessary for us to include the electric field effect in accommodating ionospheric perturbations driven by tsunami-excited atmospheric waves at mid- or low latitudes. Our studies to be introduced in this paper will validate this argument.



Ground-based GPS receivers are an efficient tool to detect tsunami-driven TEC perturbations. They not only provide data with highly localized coverage in particular regions, but also detect tsunami-generated signals far from landmasses where ground-based GPS coverage is nonexistent. The primary objective of this series of papers is to investigate whether ionospheric radio occultation measurements can be used to detect tsunami wave fronts while providing increased coverage and data density by comparing modeling results and actual data [70]. In this first paper, we extend the procedure described in [11] to obtain electron density perturbation by employing (1) the classical ionospheric electrodynamics to replace MacLeod’s ion momentum equation; and (2) Kendall and Pickering’s generalized perturbation theory [71] to directly get the electron density perturbation equation, instead of the traditionally used indirect ion perturbation equation in Hooke’s model (which was then used to obtain the electron perturbation indirectly by assuming a charge neutrality condition). More importantly, we will consider the influence of the ionospheric dynamo electric field on the electron density and TEC perturbations. The purpose of the paper is to provide an extended data-fit model in the presence of ionospheric dynamo electric field which is able to grant data analysis and case study of space measurements with an algorithm of less errors, so as to estimate the tsunami wave front and subsequently help to confirm and image tsunamis by comparing both space-borne and ground-based GPS measurements with our theoretical results, thus establish a more effective and efficient tsunami warning and alarming system in future work.



The rest of the paper is as follows: Section 2 exhibits tsunami-driven disturbance at the sea surface and its upward propagation in atmosphere; Section 3 discusses ionospheric plasma properties in the upper atmosphere; Section 4 introduces the ionospheric dynamo electric field and its effects on plasma momentum and continuity equations; Section 5 estimates the electron density and TEC perturbations driven by tsunami-excited gravity waves in both the absence and presence of the dynamo electric field. At last, Section 6 outlines the results and gives a quick summary. The concerned altitudes are from 150 km up to 600 km, the ionospheric F2 region where GPS signals of electron density and TEC perturbations are measured for tsunami applications. It is worth mentioning here that this first paper employs a WKB approximation model which assumes linear wavelike solutions in time and 2D horizontal coordinates, but not in the vertical direction only along which the mean-field properties are supposed to vary, while keeping their homogeneities in the horizontal plane [72]. A 1D vertical Taylor-Goldstein equation (or, equivalently, a quadratic equation) can thus be derived in the presence of the height-varying temperature and wind shears to describe the vertical propagation of tsunami-excited gravity waves. This basic study will be expanded in a sister paper to a 3D backward ray-tracking algorithm to account for the detection of this kind of gravity waves with the radio-occultation data which are measured in situations where the atmospheric mean-field properties are also nonuniform in the 2D horizontal plane.




2. Tsunami-Driven Disturbance at the Sea Surface and Its Upward Propagation in Atmosphere


2.1. Tsunami Displacement and Its Vertical Speed Amplitude at   z = 0  


The surface waveforms to characterize the coupling (or modeling) of the tsunami with the overlying atmosphere at the sea level,   z = 0   (where z is the altitude in atmosphere), were described in details from the late 1960s [2,3,21,73,74,75]. Based on these studies, a concise model was presented by Hickey et al. [11] (or Hickey [76]) to model the propagation of a tsunami-generated gravity wave packet. We continue to use this model in the present paper, with the initial tsunami displacement   Z ( x )   determined by the Airy function,   A i  , in the horizontal plane at   t = 0   and   z = 0  :


  Z  ( x , 0 , 0 )  = A  A i  ( 1 − x )   x 2   e  1 − x / 2     



(1)




where x is the horizontal distance at the sea surface in units of 100 km, and   A ∼ 0 . 5   m is the amplitude of the forcing in meters [21] for a dominant horizontal-scale size of    λ h  = 400   km. Let   ω   and    k h  = 2 π /  λ h    be the wave frequency and horizontal wavenumber, respectively. The   k h  -spectrum of the forcing can be obtained from the Fourier transform of Equation (1):


   Z ^   (  k h  , 0 , 0 )  =  1  2 π    ∫  − ∞  ∞  Z  ( x , 0 , 0 )   e  i k x   d x  



(2)




which gives the vertical speed spectrum,   w (  k h  )  , as follows:


  w  (  k h  , 0 , 0 )  = i ω  Z ^   (  k h  , 0 , 0 )   



(3)







For typical values of ω and   k h  , the shallow-water phase speed is    c  p h   =   g h   ≈ 200   m/s for an ocean depth of about 4 km, where g is the gravitational acceleration and h is the ocean depth [74]. For a monochromatic wave of such a period, the amplitude of   w (  k h  )   is   1 . 57 ×  10  − 3     m/s. However, because the displacement is due to the sum of all the waves in the the bandwidth of spectrum, the final value of   w (  k h  )   turns out to be   1 . 17 ×  10  − 4     m/s [11].




2.2. Wave Amplification during Upward Propagation


The vertical displacement of the tsunami-driven disturbance at the sea surface acts like a moving corrugation at the base of the atmosphere. Tsunamis were therefore firstly postulated [2] and then demonstrated [3] to be capable of triggering atmospheric gravity waves that could subsequently propagate to high altitudes due to the fact that the tsunami speeds, wavelengths and periods lie well within the range of those of the gravity waves, featured by the motions of air parcels which are dominantly influenced by gravity and buoyancy.



In order to understand the impact of seismic tsunami-excited gravity waves on ionospheric electron density perturbations, and, based on this knowledge, to develop suitable approaches for the solution of more realistic problems through a series of incremental steps in following sister papers, this first paper deals with a stably stratified atmosphere featured by homogeneous density, pressure, temperature, and zonal and meridional winds in the horizontal plane, however, with vertical gradients, under nondissipative conditions, i.e., in the absence of eddy process, molecular viscosity and thermal conduction, ion-drag, and Coriolis effect. It is worth mentioning here that previous studies argued that the nondissipative assumption can be valid from the sea level up to about 200 km altitude [77,78,79,80].



Let   p 1  ,   ρ 1  , and   T 1   be the perturbations of the atmospheric mean-field pressure   p 0  , mass density   ρ 0  , and temperature   T 0  ; and,   ( u , υ , w )   be the perturbed components of the mean-field wind velocity   ( U , V , 0 )  . The upward propagating gravity waves incarnated from the tsunamis surface waves can well be formulated by the full-wave model (e.g., [11,13,30,31,32,77,81,82,83,84,85,86]). After a straightforward, but tedious, simplification to the set of FWM differential equations (see, e.g., Appendix in [83]), we obtain the governing Taylor-Goldstein equation for    w ˜   ( z )    [or, equivalently, a quadratic equation for   w  ( z )  =  w ˜   e  −  1 2  ∫ f  ( z )  d z    ] and the full solutions for the rest atmospheric perturbations as follows (cf. [87]):


         ∂ 2   w ˜    ∂  z 2    +  q 2   ( z )   w ˜  = 0 ,  or ,     ∂ 2  w   ∂  z 2    + f  ( z )    ∂ w   ∂ z   + g  ( z )  w = 0       i Ω   p 1   p 0   = −  ( β − 1 )   γ   ∂ w   ∂ z   +  γ   V  k 1   Ω  +   k p   k h     k h  w        i Ω   ρ 1   ρ 0   = −  ( β − 1 )     ∂ w   ∂ z   +    V  k 1   Ω  +   k ρ   k h   +  β  β − 1      k p  − γ  k ρ    γ  k h      k h  w        i Ω   T 1   T 0   = −  ( β − 1 )    ( γ − 1 )    ∂ w   ∂ z   +   γ − 1    V  k 1   Ω  +   k T   k h   −  β  β − 1      k p  − γ  k ρ    γ  k h      k h  w        i k u = − β   k 2   k  h  2     ∂ w   ∂ z   +   k Ω    ∂ U   ∂ z   − β   k 2   k  h  2     k h    V  k 1   Ω  −  1  γ H     w       i l υ = − β   l 2   k  h  2     ∂ w   ∂ z   +   l Ω    ∂ V   ∂ z   − β   l 2   k  h  2     k h    V  k 1   Ω  −  1  γ H     w      



(4)




where


       f  ( z )  = −  1 H  + β  k T  + 2  ( β − 1 )    V  k 1    C  p h          g  ( z )  =  1  C  d  2     1  β − 1    ω  b  2  − 2  V  k 1  2   −  1 β   k  h  2  +   β 2   β − 1     k T   γ H   +  1  C  p h      V  k 2   −  1 + β   k T  H −  2 γ      V  k 1   H          q 2   ( z )  = g  ( z )  −  1 4   f 2   ( z )  −  1 2    d f   d z          



(5)







In the above, following notations are used:


       k ρ  =   d ( ln  ρ 0  )   d z   ,   k p  =   d ( ln  p 0  )   d z   ,   k T  =   d ( ln  T 0  )   d z   ,   k  h  2  =  k 2  +  l 2  ,  H = −  1  k p   ,   ω  b  2  =   γ − 1  γ   g H         Ω = ω −  ( k U + l V )  ,  ω =  c  p h    k h  ,    C  p h   =  c  p h   −  V k  ,   C  d  2  =  C 2  −  C  p h  2  ,  β =   C 2   C  d  2          V k  =  k  k h   U +  l  k h   V ,   V  k 1   =  k  k h     d U   d z   +  l  k h     d V   d z   ,   V  k 2   =  k  k h      d 2  U   d  z 2    +  l  k h      d 2  V   d  z 2         



(6)




in which k and l are the wave vector components along x and y in the horizontal plane, respectively; H is scale height;   ω b   is the Brunt-V  a ¨  is  a ¨  l  a ¨   buoyancy frequency; Ω is the intrinsic (or, Doppler-shifted) frequency [accordingly ω is called the extrinsic (ground-based) frequency];   C  p h    and   c  p h    are the intrinsic and extrinsic phase speeds, respectively;   C d   is the complementary phase speed;   C =   γ g H     is the sound speed; and γ is the ratio of specific heats;   (  k ρ  ,   k p  ,   k T  )   are the three scale numbers in density, pressure, and temperature, respectively.



The vertical profiles up to 600 km height of the undisturbed mean-field parameters   (  ρ 0  ,   p 0  ,   T 0  ,  U ,  V )  , as well as related   (  k ρ  ,   k p  ,   k T  )   are calculated by employing the two empirical neutral atmospheric model, NRLMSISE-00 [88] and horizontal wind model, HWM93 [89]. We arbitrarily choose a position at 60° latitude and −70° longitude for a local apparent solar time of 1600 h on the 172th day of a year, with supposed daily solar   F  10 . 7    flux index and its 81-day average of 150. The daily geomagnetic index is assumed 4. Figure 1 demonstrates the mean-field profiles of the neutral atmosphere. The upper left panel gives   ρ 0   (pink) and   p 0   (blue). Density   ρ 0   decreases all the way up from 1.225 kg/m   3   (or,   2 . 55 ×  10 25      1 /  m 3   ) at the sea level to only   2 . 44 ×  10  − 13     kg/m   3   at 600 km altitude. Pressure   p 0   has a similar tendency to   ρ 0  . It reduces from 10   5   Pa at the sea level to   1 . 56 ×  10  − 7     Pa finally. The upper right panel presents   T 0   (pink) and C (blue). Temperature   T 0   is 281 °K at the sea level. It decreases linearly to 224 °K at 13 km, and then returns to 281 °K at 47 km, followed by a reduction again to 146 °K at 88 km. Above this height, the temperature goes up continuously and reaches a stable exospheric value of ∼1250 °K above 400 km altitude. At 194 km it is 1000 °K. Sound speed C follows roughly the variation of    T 0   . At the sea level, it is 336 m/s; at 600 km altitude, it is around 1.2 km/s. The lower left panel dipicts   k ρ   (pink),   k p   (blue), and   k T   (black). Up to 200 km altitude,    k ρ  ≠  k p    keeps alive, thus, the isothermal condition    k T  = 0   is broken in atmosphere, except at three heights: 13.1 km, 47.2 km, and 87.9 km where    k T  = 0  . However, above 100 km altitude,   k T   eventually keeps its positive polarization after two times of adjustment from negative to positive values. Above 200 km altitude,    k T  = 0   can be considered valid. Note that the scale height H is equal to   − 1 /  k p   . At the sea level, H is calculated as 8.44 km. It soars to as high as 75.6 km when approaching to about 200 km altitude and beyond. The lower right panel illustrates U (blue) and V (pink). Both of them oscillate twice dramatically in altitude within   ± 51   m/s in amplitude below 200 km altitude. Above this height, their magnitudes grow monotonously with height to 75 m/s and 23 m/s, respectively.
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Figure 1. Vertical profiles of the atmospheric mean-field properties from NRLMSISE-00 and HWM93. Upper left: mass density   ρ 0   (pink) and pressure   p 0   (blue); upper right: temperature   T 0   (pink) and sound speed C (blue); lower left: density scale number   k ρ   (pink), pressure scale number   k p   (blue), and temperature scale number   k T   (black); lower right: zonal (eastward) wind U (blue) and meridional (northward) wind V (pink). 
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Compared with the vertical profiles of atmospheric properties, NRLMSISE-00 and HWM93 also provide the horizontal gradients of   ρ 0  ,   T 0  ,   p 0  , U, and V. These inhomogeneities are always at least 10    2 ∼ 3    smaller than the vertical gradients. It is reasonable to assume, as most authors did, that the mean-field parameters are uniform and stratified in the horizontal plane, free of any inhomogeneities compared to that in the vertical direction, i.e.,   ∂ / ∂ x ≃ 0  ,   ∂ / ∂ y ≃ 0   and   ∇ ≅  ( ∂ / ∂ z )    e ^  z   .



Under the initial condition,    w 0  = 1 . 17 ×  10  − 4     m/s, as given in Subsection 2.1, and assuming   d  w 0  / d z = 0   at the sea level, we use an adaptive-step, 4th-order Runge-Kutta method to solve the Taylor-Goldstein equation, Equation (4). Note that the initial conditions of the six perturbations are all determined by   w 0   and   d  w 0  / d z  . This is an alternative approach to the amplification of upward propagating tsunami-driven surface waves in addition to the traditionally used plane-wave linearization method. In order to show the features of tsunami waves of different horizontal scale sizes but with the same horizontal wavenumber    k h  ∼ 2 π / 400   km    − 1   , we take into account a couple of cases: one has specific scale sizes of 2000 km and 400 km in the x and y directions, respectively; the other has 400 km and 2000 km, respectively. Clearly, the   k / l  -ratios in the two cases are 1/5 and 5/1, respectively. The profiles of all the perturbations    p 1  ,   ρ 1  ,   T 1    and   u ,  υ ,  w   in the F layer (150–600 km altitudes) are demonstrated in Figure 2 where the curves of the two cases are in blue and pink, respectively.
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Figure 2. Amplification of upward propagating tsunami-driven surface waves in the form of atmospheric gravity waves in ionospheric F layer (150–600 km). The perturbations are calculated from Equation (4) under initial conditions at the sea level of    w 0  = 1 . 17 ×  10  − 4     m/s (given in Subsection 2.1) and assumed   d  w 0  / d z = 0  . Wave period,   2 π / ω  , is 33.3 min, andHickey et al.’s horizontal wave number,    λ h  ∼   400 km, is considered [11] in two cases of specific horizontal scale sizes:   ( x , y )   = (2000,400) km (in blue) and   ( x , y )   = (400,2000) km (in pink). 
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First of all, among all the profiles in either case, there are no two ones which exhibit the same phase and the amplitude growth. For example, the blue curves in all the panels expose that the maximal amplitude of    p 1  /  p 0    is smaller than that of both    ρ 1  /  ρ 0    and    T 1  /  T 0   , while the phases of the last two are opposite; similarly, the velocity components of   u , υ , w   evolve differently from each other, either in amplitude or phase. This feature is in a sharp contrast with that obtained with the traditional plane-wave perturbation modeling where all the fluctuations follow a same rule of thumb,   ∼  e  i ( k · r − ω t )    . Secondly, below 150 km altitude (not shown due to outside the F region), the amplitudes of all the perturbations are always relatively smaller than those at higher altitudes and can be reasonably neglected. See the upper right panel as an example: at 150 km, the blue    T 1  /  T 0    is no more than 0.07; above this height, its amplitude grows to about 1.5 at 560 km. Thirdly, at any altitudes, the three perturbations in pressure, density, and temperature in the upper three panels, respectively, satisfy the perturbed equation of state,    p 1  /  p 0  =  ρ 1  /  ρ 0  +  T 1  /  T 0   , which can be used to check the validity of the simulations. Fourthly, the perturbed zonal wind, u in blue (or pink), in the lower left panel has a smaller (or larger) amplitude than that of the perturbed meridional wind, υ in blue (or pink), in the lower middle panel for the small (or large)   k / l  . This is expressed by the last two equations in Equation (4): the ratio of the two amplitudes is approximately proportional to   k / l  . Finally, the amplitude of all the perturbations grow monotonically in altitude, regardless of the mean-field profiles which can be either increase all the way up in, e.g., the panels of pressure, density, and temperature, or, oscillate in altitudes in, e.g., the wind panel.





3. Ionospheric Plasma Properties in the Upper Atmosphere


Above 80∼85 km altitude, the atmosphere becomes weakly ionized to form the ionosphere. In this plasma system, in addition to the atmospheric neutral particles of density   n n   and mass   m n  , there are two extra types of charged particles: electrons of charge    q e  = − e  , density   n e  , and mass   m e  ; ions of charge   q i  , density   n i  , and mass   m i  . For simplicity but without loss of generality, we use a single mean ion component for multiple charges like   N  O +   ,   N  2  +  , and   O  2  +  ; and use a single neutral gas with the same mean atomic mass for multiple neutrals in the same region where    m e  ≪  m i  ≈  m n    and    n e  ≈  n i  ≪  n n   .



Classical ionospheric electrodynamics (e.g., [90,91,92]) demonstrates that the behavior of such a system is determined on the whole by its massive and dense neutral component, and by the strong coupling between charged particles and the neutrals via electron-neutral and ion-neutral collisions in frequencies   ν  e n    and   ν  i n   , respectively, which behave as two drag forces for the neutral gas, namely, the electron-drag   f  e n    and ion-drag   f  i n    defined as follows:


   f  e n   =  n e   m e   ν  e n    (  v e  −  v n  )  ,   f  i n   =  n i   m i   ν  i n    (  v i  −  v n  )   



(7)




where   v e  ,   v i  , and   v n   are the electron, ion, and neutral velocities, respectively, and


   ν  i n   = 2 . 6 ×  10  − 15     n n  +  n i    1  A   ,    ν  e n   = 5 . 4 ×  10  − 16    n n    T e    



(8)




in which   A = 28 . 97   is the mean molecular weight (in amu) of either the neutrals or the ions;   ν  e n    is the electron-neutral collision frequency [93]; and   ν  i n    is the ion-neutral collision frequency [94]. The units of   n n  ,   n e  , and   n i   are in   m  − 3   .



3.1. Generalized Ion Momentum Equation


Using Equation (7) in the momentum equations of charged particles yields


   n e   m e    D  v e    D t   = − ∇  p e  +  n e   m e  g − e  n e   ( E +  v e  × B )  −  n e   m e   ν  e n    (  v e  −  v n  )   



(9)






   n i   m i    D  v i    D t   = − ∇  p i  +  n i   m i  g +  q i   n i   ( E +  v i  × B )  −  n i   m i   ν  i n    (  v i  −  v n  )   



(10)




in which   p e   and   p i   are the electron and ion pressure, respectively; and,   g = − g   e ^  z    is gravity acceleration. After neglecting the acceleration (or inertia) terms on the LHS of the above two equations, because the response time scale in the order of wave periods (e.g., tens of minutes for gravity waves) is much longer than both the gyration periods (e.g.,    Ω  e   − 1   ∼ 0 . 1  μ  s and    Ω  i   − 1   ∼ 3   ms in F layer, where    Ω e  = e B /  m e    and    Ω i  =  q i  B /  m i    are the electron and ion gyro-frequencies, respectively, in which   B = | B |   is the magnitude of the local geomagnetic field) and collision relaxation time scales (e.g.,    ν  e n   − 1   ∼ 10   ms and    ν  i n   − 1    ∼ ( 0 . 1   –  1 )   s in the F layer), Equation (9) and Equation (10) provide


       v e  =  v n  −    ν  e n    Ω e     ν  e n  2  +  Ω  e  2      E  e ⊥  ′  B  +   Ω  e  2    ν  e n  2  +  Ω  e  2       E  e ⊥  ′  × B   B 2   −   Ω e   ν  e n      E  e ∥  ′  B       



(11)






       v i  =  v n  +    ν  i n    Ω i     ν  i n  2  +  Ω  i  2      E  i ⊥  ′  B  +   Ω  i  2    ν  i n  2  +  Ω  i  2       E  i ⊥  ′  × B   B 2   +   Ω i   ν  i n      E  i ∥  ′  B       



(12)




where subscripts “   ⊥  " and “   ∥  " denote the components perpendicular and parallel to  b , respectively; and,


    E  e ⊥  ′  B  =    E ⊥  +  v n  × B  B  +      ∇ ⊥   p e     n e   m e    −  g ⊥    Ω e   ,     E  e ∥  ′  B  =   E ∥  B  +      ∇ ∥   p e     n e   m e    −  g ∥    Ω e    



(13)






    E  i ⊥  ′  B  =    E ⊥  +  v n  × B  B  −      ∇ ⊥   p i     n i   m i    −  g ⊥    Ω i   ,     E  i ∥  ′  B  =   E ∥  B  −      ∇ ∥   p i     n i   m i    −  g ∥    Ω i    



(14)







In the above equations, the relative importance of the terms related to pressure gradient and gravity can be estimated as follows. Considering    Ω i  ∼  10 2    rad/s and    Ω e  ∼  10 5    rad/s, and,    |   v n   | ∼   tens of m/s in ionosphere, we have    Ω  e , i    |   v n  × b  | ∼ (   10 4   –   10 7   )  ≫  g   , or, the  g -terms in both of the   v e   and   v i   equations contribute to an additional drift of no more than several cm/s, much less than    |   v n   |   . Thus, the  g -terms can be reasonably omitted. Similarly, for the pressure gradient terms, the thermal speed   v T   of charged particles is in the order of    v T  =    k b   T 0  /  m  e , i     ∼ 1  –242 km/s. Because    | ∇ p /   (  m  e , i    n 0  )   | =    v  T  2   H 0   ≪  Ω  e , i    |   v n  × b  | ∼ (   10 4   –   10 7   )   , where   H 0   is the scale height more than 8 km, we obtain


      ∇  p  e , i     e  n  e , i        |   v n   × B |    =     ∇  p  e , i      m  e , i    n  e , i        Ω  e , i    |  v n  × b |    ≪ 1  



(15)




which reveals that the pressure-gradient terms can be reasonably omitted. As a result, the final expresses of Equation (11) and Equation (12) are as follows:


   v e  =   −  ν  e n    Ω e    E  * 1   B  +  Ω  e  2    E  * 2   B  +  ν  e n  2   v n     ν  e n  2  +  Ω  e  2    −   Ω e   ν  e n      Ω  e  2    ν  e n  2  +  Ω  e  2      E ∥  B   



(16)






   v i  =    ν  i n    Ω i    E  * 1   B  +  Ω  i  2    E  * 2   B  +  ν  i n  2   v n     ν  i n  2  +  Ω  i  2    +   Ω i   ν  i n      Ω  i  2    ν  i n  2  +  Ω  i  2      E ∥  B   



(17)




in which


    E  * 1   B  =  E B  +  v n  × b ,    E  * 2   B  =  E B  × b +  v  n ∥   b  



(18)







Note that it is  E , rather than   E ⊥   is used in the above equations. Equation (17) extends MacLeod’s result [26] by including the extra terms contributed by the ionospheric electric field,  E .



Equation (16) and Equation (17) contribute to an ionospheric current,  j :


  j = e  (  n i   v i  −  n e   v e  )  =  σ 0    σ  ∥  *   E ∥  +  σ  P  *   E *  +  σ  H  *  b ×  E *    



(19)




where the quasi-neutrality condition,    n e  ≈  n i  =  n 0   , is applied; and


       σ 0  =   e  n 0   B  ,   σ  ∥  *  =   Ω e   ν  e n      Ω  e  2    ν  e n  2  +  Ω  e  2    +   Ω i   ν  i n      Ω  i  2    ν  i n  2  +  Ω  i  2    ,   σ  P  *  =    ν  e n    Ω e     ν  e n  2  +  Ω  e  2    +    ν  i n    Ω i     ν  i n  2  +  Ω  i  2    ,   σ  H  *  =   Ω  e  2    ν  e n  2  +  Ω  e  2    −   Ω  i  2    ν  i n  2  +  Ω  i  2         



(20)




in which   σ  ∥  *  ,   σ  P  *  , and   σ  H  *   are the three classical ionospheric conductivities: parallel conductivity, Pedersen conductivity, and Hall conductivity, respectively (e.g., [94]). Note that they are dimension-free. In Equation (19),  E  has been Lorentz-transformed to   E *   in the frame of reference of the atmosphere which is moving at a velocity   v n  :    E *  = E +  v n  × B  .



Either the theoretical Chapman profile or measurements from GPS/ionosonde demonstrates that the F2 layer (220–600 km altitude; peak plasma density   ∼  10 12    m    − 3   ) provides primary plasma contents (more than 90%), and dominates ionospheric perturbation in electron density or TEC (e.g., [92]). We therefore concentrate on his region. In addition, as pointed out in, e.g., [28,95]), that the mean-field parameters of ionospheric properties have much smaller horizontal derivatives that those in the vertical direction, while their horizontal scales are of ∼1000 km, appreciably exceeding the variation scale in the vertical direction, we neglect the horizontal profiles of both neutral and charged particles in evaluating plasma perturbations.



The two upper panels in Figure 3 illustrate the vertical profiles of the ionospheric F electron and ion densities   n e   and    n i  ≈   [O   +  ] (upper left), and their temperatures   T e   and   T i   (upper right), respectively. They are calculated by employing the IRI-2012 empirical model [96] at two different locations: one is the previous   60 ∘   latitude one (labelled hereafter as   60 ∘   N) used to exhibit globally stratified atmospheric properties for reference; and the other is assumed at 29° latitude and 81° longitude, UT 19:30 on the 108th day (labelled hereafter as   29 ∘   N). Clearly, the atmospheric stratified assumption is not applicable for ionosphere: in the horizontal plane, the plasma properties demonstrate significant variations at different locations. For instance, the maximal plasma densities at around 300 km altitude increase about three times when moving equatorward from the   60 ∘   N-location to the   29 ∘   N location. Note that the electron temperature is always higher than that of ions, and the temperatures tend to decrease in the equatorward direction.



The lower left panel of Figure 3 illustrates the vertical profiles of   ν  i n    and   ν  e n   . Due to    n n  ≫  n i   ,   ν  i n    depends only on the neutral density   n n  , and independent of plasma properties. By contrast,   ν  e n    is also related to electron temperature   T e  . However,   T e   appears exerting an inappreciable influence. For example, the two vertical profiles of   ν  e n    nearly superimpose upon each other with different   T e   values of two locations,   29 ∘   N and   60 ∘   N, respectively. Besides,   ν  e n    is roughly 2 orders higher than   ν  i n   . The lower right panel in the figure presents the three vertical profiles of   σ  ∥  *  ,   σ  P  *  , and   σ  H  *   in the F layer, respectively. They are independent of geographic locations and universal time. Obviously,    σ  H  *  ≪  σ  P  *  ≪  σ  ∥  *   .
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Figure 3. Vertical profiles of ion and electron densities   n i   and   n e   (upper left panel) and temperatures   T i   and   T e   (upper right panel) from the IRI-2012 empirical model [96] at two different locations; corresponding ion-neutral and electron-neutral collision frequencies   ν  i n    and   ν  e n    (lower left panel) from Equation (8); and, three dimension-free conventional conductivities   σ  ∥  *  ,   σ  P  *  , and   σ  H  *   from Equation (20) (lower right panel), which are independent of geographic locations and universal time. 
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3.2. Generalized Electron Continuity Equation


In the frame of reference of the atmosphere, the equation of ionospheric plasma motion is determined by the summation of Equation (9) and Equation (10):


   n p   m e   ν  e n    (  v e  −  v n  )  +  n p   m i   ν  i n    (  v i  −  v n  )  = − ∇  (  p e  +  p i  )  +  n p   m i  g + j × B  



(21)




where the inertial terms are neglected as before,    n p  =  n e  ≈  n i    is plasma density. Using   j = e  n p   (  v i  −  v e  )    yields


   n p   (  m e   ν  e n   +  m i   ν  i n   )   (  v i  −  v n  )  = − ∇  (  p e  +  p i  )  +  n p   m i  g +   m e  e   ν  e n   j + j × B  



(22)




or, alternatively,


   n p   (  m e   ν  e n   +  m i   ν  i n   )   (  v e  −  v n  )  = − ∇  (  p e  +  p i  )  +  n p   m i  g −   m i  e   ν  i n   j + j × B  



(23)







On the one hand, the scalar parallel component equation of Equation (22) provides


   n p   (  m e   ν  e n   +  m i   ν  i n   )   (  v  i ∥   −  v  n ∥   )  = −  ∇ ∥   (  p e  +  p i  )  +  n p   m i   g ∥  +   m e  e   ν  e n    j ∥   



(24)







By defining an ambipolar diffusion coefficient   D a   expressed by


   D a  =   2  k B   T i     m e   ν  e n   +  m i   ν  i n      



(25)







Equation (24) becomes


   v  i ∥   =  v  n ∥   −  D a     ∇ ∥   (  p e  +  p i  )  −  n p   m i   g ∥    2  n p   k B   T i    +    m e   ν  e n     e  n p   (  m e   ν  e n   +  m i   ν  i n   )     j ∥   



(26)







The dominant electron density perturbation or TEC occurs at F2 altitudes where    ν  i n   ∼ 1  /s,    ν  e n   ∼ 25  /s, and    ν  e i   ∼ 1500  /s. Thus,    (  m e   ν  e n   )  /  (  m i   ν  i n   )  ∼ 4 ×  10  − 3   ≪ 1  . Considering    j ∥  /  ( e  n p  )  =  v  i ∥   −  v  e ∥    . We have


   n p   v  i ∥   =  n p    v  n ∥   −    m e   ν  e n      m i   ν  i n      v  e ∥    −  D  a i      ∇ ∥   (  p e  +  p i  )  −  n p   m i   g ∥    2  k B   T i     



(27)




in which


   D  a i   ≈   2  k B   T i     m i   ν  i n      



(28)







Thus, from the ion continuity equation


    ∂  n i    ∂ t   + ∇ ·  (  n i   v  i ⊥   )  + ∇ ·  (  n i   v  i ∥   )  =  P i  −  n i   L i   



(29)




in which   P i   and   L i   are the chemical production and loss rates of ions, respectively, we obtain


    ∂  n i    ∂ t   + ∇ ·  (  n i   v  i ⊥   )  + ∇ ·    n i    v  n ∥   −    m e   ν  e n      m i   ν  i n      v  e ∥      −    D  a i      ∇ ∥   (  p e  +  p i  )  −  n i   m i   g ∥    2  k B   T i     b  =  P i  −  n i   L i   



(30)




where    v  T i   =   2  k B   T i  /  m i      is ion thermal speed. This result extends the formula given in [71] by involving an extra term: the parallel electron speed   v  e ∥   , which can be large enough to compete with   v  n ∥    in the presence of factor    (  m e   ν  e n   )  /  (  m i   ν  i n   )   .



On the other hand, we take similar steps to the scalar parallel component equation of Equation (23) and obtain


   n p   (  m e   ν  e n   +  m i   ν  i n   )   (  v  e ∥   −  v  n ∥   )  = −  ∇ ∥   (  p e  +  p i  )  +  n p   m i   g ∥  −   m i  e   ν  i n    j ∥   



(31)




which becomes


   n p   v  e ∥   =  n p     m i   ν  i n      m e   ν  e n      (  v  n ∥   −  v  i ∥   )  −  D  a e      ∇ ∥   (  p e  +  p i  )  −  n p   m i   g ∥    2  k B   T i     



(32)




in which


   D  a e   ≈   2  k B   T i     m e   ν  e n      



(33)







Thus, from the electron continuity equation


    ∂  n e    ∂ t   + ∇ ·  (  n e   v  e ⊥   )  + ∇ ·  (  n e   v  e ∥   )  =  P e  −  n e   L e   



(34)




where   P e   and   L e   denote the photoionization rate and the chemical loss rate of electrons, respectively, we have


    ∂  n e    ∂ t   + ∇ ·  (  n e   v  e  *  )  =  P e  −  n e   L e   



(35)




in which


   v  e  *  =  v e  +  (  v  e ∥  *  −  v  e ∥   )  b ,   where    v  e ∥  *  =    m i   ν  i n      m e   ν  e n       v  n ∥   −  v  i ∥   −    g ∥  +  g  ∥  *    ν  i n      



(36)







Note that   v  e ∥  *   is a newly introduced retarded speed of electrons caused by the diffusion effect, parallel to the geomagnetic field lines and determined by parallel neutral and ion speeds, and the speed increment of plasma in a time scale of ion-neutral collisions caused by both gravity and pressure gradient, where


   g  ∥  *  =    ∇ ∥   (  p e  +  p i  )     n i   m i    =  1 2   v  T i  2    1 +   T e   T i     k  n e ∥   +   T e   T i    k  T e ∥   +  k  T i ∥     



(37)




is a pseudo-acceleration driven by plasma pressure (   p e  +  p i   ), and   k  n e ∥   ,   k  T e ∥   , and,   k  T i ∥    are the three inhomogeneous numbers, respectively, in plasma density, electron and ion temperatures in the parallel direction to the geomagnetic field. The parameters in Equation (36) and Equation (37) are defined as follows:


       v  n ∥   =  v n  · b = V   B y  B  ,    v  i ∥   =  v i  · b =  v  i y     B y  B  +  v  i z     B z  B  ,    g ∥  = g · b = − g   B z  B         k  n e ∥   =   ∇  n e    n e   · b =  k  n e     B z  B  ,    k  T e ∥   =   ∇  T e    T e   · b =  k  T e     B z  B  ,    k  T i ∥   =   ∇  T i    T i   · b =  k  T i     B z  B       



(38)




in which    k  n e   =  ( d  n e  / d z )  /  n e   ,    k  T e   =  ( d  T e  / d z )  /  T e   , and    k  T i   =  ( d  T i  / d z )  /  T i    are the inhomogeneity numbers to represent the vertical gradients in electron density, electron and ion temperatures, respectively.



Equation (35) updates Hooke’s continuity equation of electrons which are adopted in literature to deal with ionospheric responses to propagating gravity waves (e.g., [12]). This updated equation includes an additional term originated from a competition between the retarded speed due to diffusion (  v  e ∥  *  ) and the field-aligned speed of electrons (  v  e ∥   ).





4. Ionospheric Dynamo Electric Field and Electron and Ion Speeds


The ionospheric plasma is quasi-neutral with    n e  ≈  n i  =  n 0   , however, with a space charge density,    n  s c   =  n i  −  n e   , dominantly as a result of the ionospheric dynamo process. Other mechanisms, such as electron precipitation, may also contribute to   n  s c    in polar regions. This space charge density is always several orders lower than either   n i   or   n e  , but drives a non-negligible ionospheric electric field  E . We rely on Maxwell’s equations to obtain its solution.



For gravity waves in a time scale from tens of minutes to a few hours, we exclude the daily changes in  E  and  B . As a result, the displacement current from the time-dependent changes in  E ,    ϵ 0  ∂ E / ∂ t  , and the induced electric field from the time-dependent changes in  B ,   ∂ B / ∂ t  , are dropped out. Maxwell’s electrodynamic equations reduce to the following [89]:


  ∇ · E =   e  n  s c     ϵ 0   ,   ∇ × E = 0 ,   ∇ · B = 0 ,   ∇ · j = −   ∂ ( e  n  s c   )   ∂ t    



(39)




the second equation of which shows that  E  is derivable from a potential function φ through   E = − ∇ φ  , while the first and the last equations provide an ionospheric time scale τ of


  τ ∼   e  n  s c     ∇ · j   =  ϵ 0    ∇ · E   ∇ · j   ∼   ϵ 0  σ  < 1   ( μ s )   



(40)




during which  E  is established due to the appearance of   n  s c    anywhere in ionosphere so as to cancel any divergence of  j  and keep




  ∇ · j = 0  



(41)





in ionosphere. In Equation (40)   j = σ E   with a uniform and isotropic σ is assumed to simplify the estimation (Section 2.3 in [91]).



From the lower right panel of Figure 1, we know that    σ ∥  ≫ 1  . This results in an infinitesimal electric field along magnetic field lines, leading to   ∇ ·  E ∥  ≈ 0  . Thus, together with   E = − ∇ φ  , Equation (19) and Equation (41) provide that


   ∇ 2  φ = B ·  ( ∇ ×  v n  )  +   σ H   σ P   b ·  [ ∇ ×  (  v n  × B )  ]   



(42)




where  b  is defined by a dipole model in terms of a given latitude ϕ (geographic) as follows [11,97,98]; note that [11] defined different orientations of the horizontal coordinates from the present paper):


  b =  B B  =  0 ,   B y  B  ,   B z  B   =  0 ,   cos ϕ    1 + 3  sin 2  ϕ    , −   2  sin ϕ    1 + 3  sin 2  ϕ      



(43)




and   B =  B  e q     1 + 3  sin 2  ϕ     where   B  e q    is the magnetic field strength at the equator. Neglecting the small horizontal electric field components compared to the vertical one [namely,   ∂ φ / ∂ ( x , y ) ≪ ∂ φ / ∂ z  ], Equation (42) reduces to the following:


     ∂ 2  φ   ∂  z 2    =  B y     d  v  n x     d z   −   σ H   σ P      B z  B    d  v  n y     d z   −   B y  B    d  v  n z     d z      



(44)




which is an 1D Poisson equation with the solution of


    d  E z    d z   =  B y     B z  B    σ H   σ P     d  v  n y     d z   −   d  v  n x     d z    ≈ −  B y    d  v  n x     d z    



(45)




where    σ H  ≪  σ P    is applied in the last step based on the lower right panel of Figure 1. Equation (45) gives


   E z  =  B y    v  n x    (  z 0  )  −  v  n x    ( z )    



(46)




where   z 0   is a reference altitude at which    E z  = 0   under the condition of    σ H  /  σ P  ≪ 1  . It is also the altitude which divides F-dynamo and E-dynamo regions in ionosphere. By checking the conductivity profiles at lower altitudes, we find this condition holds deep to ionospheric E region (100–150 km altitudes). For example, at the F2 bottom (220 km altitude) the ratio is 57; it reduces to 23 at 130 km height, and down to 1 at 105 km height. Above   z 0   the zonal wind solely determines the magnitude of the ionospheric electric field, while below it both the zonal and meridional winds contribute to the electric field.



With   E z   at hand by solving Equation (45) numerically or Equation (46) analytically, the components of electron and ion velocities are derived from Equation (16) and Equation (17), respectively, by using following notations:


       v n  ·   e ^  x  =  v  n x   ,   v n  ·   e ^  y  =  v  n y   ,   v n  ·   e ^  z  = 0 ,   v n  · b =  v  n ∥   =  v  n y     B y  B         (  v n  × b )  ·   e ^  x  =  v  n y     B z   B 0   ,   (  v n  × b )  ·   e ^  y  = −  v  n x     B z   B 0   ,   (  v n  × b )  ·   e ^  z  = −  v  n x     B y   B 0         E ·   e ^  x  = E ·   e ^  y  = 0 ,  E ·   e ^  z  =  E z  ;   b ·   e ^  x  = 0 ,  b ·   e ^  y  =   B y  B  ,  b ·   e ^  z  =   B z  B         ( E × b )  ·   e ^  x  = −  E z    B y   B 0   ,   ( E × b )  ·   e ^  y  = 0 ,   ( E × b )  ·   e ^  z  = 0        E ∥  ·   e ^  x  = 0 ,   E ∥  ·   e ^  y  =  E z     B y   B z    B 2   ,    E ∥  ·   e ^  z  =  E z    B  z  2   B 2        



(47)







We obtain


       v  e x   =   ν  e n  2    ν  e n  2  +  Ω  e  2     v  n x   −    ν  e n    Ω e     ν  e n  2  +  Ω  e  2      B z  B   v  n y   −   Ω  e  2    ν  e n  2  +  Ω  e  2      B y  B    E z  B         v  e y   =    ν  e n    Ω e     ν  e n  2  +  Ω  e  2      B z   B 0    v  n x   +    ν  e n  2  +  Ω  e  2    B  y  2   B 2      ν  e n  2  +  Ω  e  2     v  n y   −   Ω e   ν  e n      Ω  e  2    ν  e n  2  +  Ω  e  2       B y   B z    B 2     E z  B         v  e z   =    ν  e n    Ω e     ν  e n  2  +  Ω  e  2      B y   B 0    v  n x   +   Ω  e  2    ν  e n  2  +  Ω  e  2       B y   B z    B 2    v  n y   −   Ω e   ν  e n       ν  e n  2  +  Ω  e  2    B  z  2   B 2      ν  e n  2  +  Ω  e  2      E z  B       



(48)






       v  i x   =   ν  i n  2    ν  i n  2  +  Ω  i  2     v  n x   +    ν  i n    Ω i     ν  i n  2  +  Ω  i  2      B z   B 0    v  n y   −   Ω  i  2    ν  i n  2  +  Ω  i  2      B y   B 0     E z  B         v  i y   = −    ν  i n    Ω i     ν  i n  2  +  Ω  i  2      B z   B 0    v  n x   +    ν  i n  2  +  Ω  i  2    B  y  2   B 2      ν  i n  2  +  Ω  i  2     v  n y   +   Ω i   ν  i n      Ω  i  2    ν  i n  2  +  Ω  i  2       B y   B z    B  0  2     E z  B         v  i z   = −    ν  i n    Ω i     ν  i n  2  +  Ω  i  2      B y   B 0    v  n x   +   Ω  i  2    ν  i n  2  +  Ω  i  2       B y   B z    B 2    v  n y   +   Ω i   ν  i n       ν  i n  2  +  Ω  i  2    B  z  2   B 2      ν  i n  2  +  Ω  i  2      E z  B       



(49)







Using Equation (48) and Equation (49), Figure 4 displays the vertical profiles of   v  e x    and   v  i x   ,   v  e y    and   v  i y   , and   v  e z    and   v  i z    in the upper left, upper right, and the lower panels, respectively. Above 200 km altitude, the speeds satisfy    v  e y   =  v  i y    , and    v  e z   =  v  i z    , however,    v  e x   ≠  v  i x    . This indicates that the current has only the zonal component    j x  = e  n e   (  v  i x   −  v  e x   )    the maximal value of which appears at 225 km altitude where    v  i x   = 3 . 25 ×  10  − 3     m/s,    v  e x   = − 5 . 30 ×  10  − 6     m/s. With    n e  = 7 . 2 ×  10 11    m    − 3   , we obtain    j x  ≈ 0 . 4   nA/m   2  , 2–3 orders higher than the “fair weather” current at the surface of the Earth. Note that the speeds are dominantly determined by the zonal and meridional neutral winds which are assumed horizontally stratified, they are independent of locations consequently.
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Figure 4. Vertical profiles of ionospheric electron and ion speeds,   v  e x    and   v  i x    (upper left panel),   v  e y    and   v  i y    (upper right panel),   v  e z    and   v  i z    (lower panel), in the presence of ionospheric dynamo electric field. Equation (48) and Equation (49) are used. 
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By selecting    z 0  = 140   km as the reference altitude, where    E z  = 0  , to calculate electric field strength as expressed by Equation (46), the LHS panel of Figure 5 depicts the vertical profile of the electric field   E z   in the ionospheric F layer. The field strength is in an order of mV/m, enhancing to 2 mV/m at ∼200 km altitude, then decreasing exponentially versus altitude upward. Above 500 km altitude, it finally stabilizes at about −0.78 mV/m. In the plasma rest frame, this field induces an   E × B   drift of (−25∼+50) m/s, the same order as the neutral wind speeds. It is therefore necessary to take into account the effect of the dynamo electric field in solving relevant ionospheric problems. Note that this field is contributed by the neutral zonal wind, and thus uniform in the horizontal plane due to the assumed stratified atmospheric model.
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Figure 5. LHS: Vertical profile of F-dynamo electric field   E z   with    z 0  = 140   km at which    E z  = 0   (from Equation (46)); RHS: Vertical profile of atmospheric wind perturbation damping factor,   α d  , used in   n  e  ′   and total electron content (TEC) calculations (from Figure 5a of [11]). 
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5. Electron Density Perturbations Driven by Tsunami-Excited Gravity Waves


5.1. Magnitude of    n  e  ′  /  n  e 0    


Adopting the standard liearization to Equation (35) yields the perturbed equation of electron density as follows:


    n  e  ′   n  e 0    =    1  n  e 0     P  e  ′  −  L  e  ′  −  (  k  n e   +  k  v e   )   v  e z   ′ *   − i k ·  v  e   ′ *      L  e 0   +  k  v e  *   v  e z  *  − i  ω − k ·  v  e  *      



(50)




where    k  v e   =  ( d  v  e z   / d z )  /  v  e z    ,    k  v e  *  =  ( d  v  e z  *  / d z )  /  v  e z  *   , and the primed quantities are the departures from respective equilibrium values with subscript “   0  ” in the presence of gravity waves. As follows the terminology and the modeling used to obtain the electron density perturbation is similar to that of Hooke [25].



Above 140 km altitude, the most important reactions are given by

	(1)

	
O+hν→   O +  +  e −   ;




	(2)

	
   O +  + XY  →   XY +  + O  , with a loss rate of   β /  [ X Y ]  ∼  10  − 12     cm   3  /s; and,




	(3)

	
   XY +  +  e −   →  X + Y  , with a loss rate of   α ∼  10  − 7     cm   3  /s.









In the above, (X,Y) denotes (N,O) or (O,O), [XY] is the number density of XY, and, XY   +   is molecular ion. Let   O +   and XY   +   have number densities   [  O +  ]   and [XY   +  ], respectively. In the F-region above 250 km altitude, the empirical IRI-2012 model exposes that [XY   +  ] decreases from 12.3% in concentration to zero in 50 km upward and   [  O +  ]   increases from 79.1% in concentration at 250 km to 98.9% at 300 km altitude till 600 km where it reduces to 79.3%. As noted previously in Section 3.1, these IRI results refer to the arbitrary location selected as an example at UT 7:30 pm and geographic position of 29   °  12   ′  N 81   °  2   ′  W on 19 April 2015. For case studies of data-fit modeling in following papers, the concerned location and the universal time will be updated specifically for the exact percentage of the particle concentrations.



Besides, the total rate of photoionization in the atmosphere has a maximum of about   10 6   m    − 3    per second in the Fl-layer (about 150–220 km in altitude and only during daylight hours; cf. [99]). The rate of photoionization decreases approximately exponentially with increasing altitude. The produced principal ion is O   +   ([100]). Thus,   [  O +  ]   dominates the chemical reactions related to electron loss.



Moreover, the neutral atmospheric scale height is ∼100 km near the F2-peak altitude around 300 km, several scale heights above the maximal photoionization region in the F1-layer. At this altitude, the perturbed photoionization rate   P  e  ′   is contributed by constituent O as described by Equation (11) in [25], satisfying


   P  e  ′  ≃   n ′    n 0   ( z )     P 0   



(51)




in which    P 0  ≃ ∇ ·  {  [  O +  ]   u 0   (  O +  )  }    ([101]), and    n 0   ( z )    is the equilibrium number density of O at height z and   n ′   is the perturbed density.



Finally, we estimate the total electron loss rate   L e   as follows. Related reactions and rates   k i   (cm   3  /s) are given in Table A1 of [13]:

	
4:    O +  + e → O   ( 5  P )  + ℏ  ν 1356   ,    k 4  = 7 . 3 ×  10  − 13    ;



	
7a:    O  2  +  + e → O + O   ( 3  P )   ,    k  7 a   = 1 ×  10  − 7     ( 300 /  T n  )   0 . 55    ;



	
7b:    O  2  +  + e → O + O   ( 1  S )   ,    k  7 b   = 1 ×  10  − 8     ( 300 /  T n  )   0 . 55    ;



	
7c:    O  2  +  + e → O + O   ( 1  D )   ,    k  7 c   = 2 ×  10  − 7     ( 300 /  T n  )   0 . 55    ;



	
12:    N  2  +  + e → N + N  ,    k 12  = 1 . 8 ×  10  − 7     ( 300 /  T n  )   0 . 39    ;



	
13:    NO +  + e → N + O  ,    k 13  = 4 . 2 ×  10  − 7     ( 300 /  T n  )   0 . 85    .








The above reactions offer    L e  =  k 4   [  O +  ]  +  k 7   [  O  2  +  ]  +  k 12   [  N  2  +  ]  +  k 13   [  NO +  ]  ≈  k 4   [  O +  ]    (in which    [  O  2  +  ]  =  [  N  2  +  ]  =  [  NO +  ]  ≈ 0   as given by the IRI-2012 model). Considering the charge neutrality condition, we obtain    n  e  ′  ≈   [  O +  ]  ′   , and


   P 0  ≃ ∇ ·  (  n  e 0    v i  )  =   d (  n  e 0    v  i z   )   d z   ,    L  e 0   =  k 4    [  O +  ]  0  ≈  k 4   n  e 0   ,    L  e  ′  =  k 4    [  O +  ]  ′  ≈  k 4   n  e  ′   



(52)




in which    v i  =  {  v  i x   ,  v  i y   ,  v  i z   }    is the mean-field ion velocity the components of which are given in Equation (49).



Applying    Ω e  ≫  ν  e n    ,    Ω i  ≫  ν  i n    , and Equation (46) to Equation (48) and Equation (49) yields


       v  e x   = −     B y  B   2    v  n x    (  z 0  )  −  v  n x    ( z )   ,    v  e y   = −   Ω e   ν  e n       B  y  2   B z    B 3     v  n x    (  z 0  )  −  v  n x    ( z )   ,    v  e z   =   B z   B y    v  e y          v  i x   =  v  e x   ,    v  i y   =   Ω i   ν  i n       B  y  2   B z    B 3     v  n x    (  z 0  )  −  v  n x    ( z )   ,    v  i z   =   B z   B y    v  i y        



(53)




Clearly,    v  e x   ≪  v  e y    or   v  e z    , and


   v  e x  *  =  v  e x   ,    v  e y  *  =  v  e y   +  (  v  e ∥  *  −  v  e ∥   )    B y  B  ,    v  e z  *  =  v  e z   +  (  v  e ∥  *  −  v  e ∥   )    B z  B   



(54)




which gives


   v  e x   ′ *   =  v  e x  ′  ,    v  e y   ′ *   =  v  e y  ′  +   (  v  e ∥  *  −  v  e ∥   )  ′    B y  B  ,    v  e z   ′ *   =  v  e z  ′  +   (  v  e ∥  *  −  v  e ∥   )  ′    B z  B   



(55)




and    v  e x  *  ≪  v  e y  *   or   v  e z  *   ,    v  e x   ′ *   ≪  v  e y   ′ *    or   v  e z   ′ *    . Considering   k x   and   k y   are in the same order in magnitudes and   k x   (or   k y  ) is smaller than   k z   by a factor of 5–10, thus,    k z   v  e z  *    and    k z   v  e z   ′ *     dominate   k ·  v  e  *    and   k ·  v  e   ′ *    , respectively, Equation (50) reduces to the following:


    n  e  ′   n  e 0    =    ϵ 1    n ′   n 0   −  α d   ϵ 2     v  n x  ′   (  z 0  )  −  v  n x  ′   ( z )     v  n x    (  z 0  )  −  v  n x    ( z )       ϵ 3     v L  − i  v ω     v  n x    (  z 0  )  −  v  n x    ( z )    +  ϵ 4     



(56)




in which    v ω  = ω /  (  k  n e   +  k  v e   )    ,    v L  = 2  k 4   n  e 0   /  (  k  n e   +  k  v e   )   , and


   ϵ 1  =    ν  e n    Ω i     Ω e   ν  i n     ,    ϵ 2  =    k  n e   +  k  v e   + i  k z     k  n e   +  k  v e     ,    ϵ 3  =   ν  e n    Ω e     B 3    B y   B  z  2    ,    ϵ 4  =    k  v e   + i  k z     k  n e   +  k  v e      



(57)







Parameter   α d   in Equation (56) is the damping factor of the atmospheric wind perturbation, defined as the ratio of the magnitudes of the wind perturbations under dissipative and non-dissipative conditions, respectively. It is calculated from Figure 5a of [11], and plotted in the RHS panel of Figure 5. Below 150 km altitude,   α d   is nearly 1; above the altitude, it reduces exponentially versus height. In the core F2 region (250–450 km) it drops 2 orders of magnitude from 0.1 to 0.001, as shown in the RHS panel of Figure 5. This reflects that the atmospheric response is unrealistically large for wave propagation under nondissipative conditions [11] where the neutral wind can be perturbed up to a few hundreds m/s, as presented in the lower three panels of Figure 2, consistent with the results provided in [8]. Interestingly, if we choose a higher horizontal wavenumber,    k h  ∼ 2 π / 50   1/km, rather than the present lower one,    k h  ∼ 2 π / 400   1/km,   α d   shifts to 1. Thus, tsunami-excited waves of higher energy may possess stronger potential to resist any dissipations in their upward propagations. More discussions of this topic is beyond the scope of this paper and left to be touched in details in another sister paper.



If the dynamo electric field is neglected, Equation (48) and Equation (49) reduce to the following two sets of equations, respectively:


       v  e x   =   ν  e n  2    ν  e n  2  +  Ω  e  2     v  n x   −    ν  e n    Ω e     ν  e n  2  +  Ω  e  2      B z  B   v  n y          v  e y   =    ν  e n    Ω e     ν  e n  2  +  Ω  e  2      B z   B 0    v  n x   +    ν  e n  2  +  Ω  e  2    B  y  2   B 2      ν  e n  2  +  Ω  e  2     v  n y          v  e z   =    ν  e n    Ω e     ν  e n  2  +  Ω  e  2      B y   B 0    v  n x   +   Ω  e  2    ν  e n  2  +  Ω  e  2       B y   B z    B 2    v  n y        



(58)






       v  i x   =   ν  i n  2    ν  i n  2  +  Ω  i  2     v  n x   +    ν  i n    Ω i     ν  i n  2  +  Ω  i  2      B z   B 0    v  n y          v  i y   = −    ν  i n    Ω i     ν  i n  2  +  Ω  i  2      B z   B 0    v  n x   +    ν  i n  2  +  Ω  i  2    B  y  2   B 2      ν  i n  2  +  Ω  i  2     v  n y          v  i z   = −    ν  i n    Ω i     ν  i n  2  +  Ω  i  2      B y   B 0    v  n x   +   Ω  i  2    ν  i n  2  +  Ω  i  2       B y   B z    B 2    v  n y        



(59)




which gives


   v  e x   = −   ν  e n    Ω e     B z  B   v  n y   ,    v  i x   = −    Ω e   ν  i n      Ω i   ν  e n      v  e x   ,    v  e y   =  v  i y   =   B  y  2   B 2    v  n y   ,    v  e z   =  v  i z   =    B y   B z    B 2    v  n y    



(60)




under the constraints of    Ω e  ≫  ν  e n     and    Ω i  ≫  ν  i n    . Clearly,    v  e x   ≪  v  e y    or   v  e z    . We then have


   v  e x  *  =  v  e x   ,    v  e y  *  =  v  e y   +  (  v  e ∥  *  −  v  e ∥   )    B y  B  ,    v  e z  *  =  v  e z   +  (  v  e ∥  *  −  v  e ∥   )    B z  B   



(61)




and


   v  e x   ′ *   =  v  e x  ′  ,    v  e y   ′ *   =  v  e y  ′  +   (  v  e ∥  *  −  v  e ∥   )  ′    B y  B  ,    v  e z   ′ *   =  v  e z  ′  +   (  v  e ∥  *  −  v  e ∥   )  ′    B z  B   



(62)




We obtain that    v  e x  *  ≪  v  e y  *   or   v  e z  *    and    v  e x   ′ *   ≪  v  e y   ′ *    or   v  e z   ′ *    . Adopting the same algebra as those given in the last Subsection produces


    n  e  ′   n  e 0    =    ϵ  1  *    n ′   n 0   −  α d   ϵ  2  *    v  n y  ′   v  n y       ϵ  3  *     v  L  *  − i  v  ω  *    v  n y    +  ϵ  4  *     



(63)




in which    v  ω  *  = ω /  (  k  n e   +  k  v n y   )    ,    v  L  *  = 2  k 4   n  e 0   /  (  k  n e   +  k  v n y   )   , and


   ϵ  1  *  = 1 ,    ϵ  2  *  =  1 + i   k z    k  n e   +  k  v n y         m i   ν  i n      m e   ν  e n     ,    ϵ  3  *  =   B 2    B y   B z    ,    ϵ  4  *  =    k  v n y   + i  k z     k  n e   +  k  v n y        m i   ν  i n      m e   ν  e n      



(64)







It is noteworthy here that, different from Equation (56) where the zonal wind (  v  n x   ) and its disturbance dominate the electron density perturbation in the presence of the dynamo electric field, Equation (63) exhibits that it is the meridional wind (  v  n y   ) and its disturbance that determines the electron density perturbation in the absence of the dynamo electric field.




5.2. Tsunami-Driven Perturbations


As early as in the 1970s, atmospheric and ionospheric constituents (namely, neutrals, electrons, and ions) were exposed to be featured by wavelike variations in transport properties (namely, density, velocity, and temperature) with respect to spaceborne data from, e.g., AE-C satellite; however, the perturbations demonstrate respective wave characteristics in either amplitudes and/or periods, phases, phase speeds [102]. For example, the electron temperature variations are out of phase with those in the ion density. During the upward propagation of tsunami-driven gravity waves, resonant coupling between the atmospheric wave and ionospheric perturbations happens at some resonant heights, where they both have the same wave characteristics (i.e., wave frequency and wavenumber vector) as each other, leading to detectable perturbations of plasma particles (e.g., [103]). Only at these heights can gravity wave parameters be imposed to the electron equations, Equation (56) and Equation (63), to calculate the magnitudes of the perturbations in electron density and TEC.



Applying the atmospheric perturbations calculated from Equation (4) as inputs to both Equation (56) and Equation (63), we calculate the vertical profiles of electron density and TEC perturbations in the absence (curves in blue) and presence (curves in pink) of the dynamo electric field, E, at middle and low latitudes,   60 ∘   N and   29 ∘   N, respectively, as displayed in Figure 6. In reference of Hickey et al.’s model [11], we choose a typical tsunami source of    L tsu   ( x )  = 2000   km,    L tsu   ( y )  = 400   km, and    α d  = 0 . 01  . In view of rows, the upper two panels illustrate the results at the   60 ∘   N location, and the lower two ones manifest those at the   29 ∘   N location, closer to the equator. In view of columns, The LHS two panels give the percentages of the perturbations relative to the unperturbed IRI-2012 electron density, and the RHS two ones reveal the corresponding ratios in TEC magnitudes, relevant to a couple of parameters: the unperturbed TEC (i.e., TEC   0  ) and the perturbed TEC (i.e., TEC   ′  ) as defined by


   TEC 0   ( z )  =  ∫  150  z   n  e 0   d h    ( TECU )  ,    TEC ′   ( z )  =  ∫  150  z   n  e  ′  d h    ( TECU )   



(65)




where   d h   is the element of the increment in the vertical direction, and the height of integration, z, is from 150 km to 600 km altitudes.
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Figure 6. Vertical profiles of electron density and TEC perturbations in the absence (curves in blue) and presence (curves in pink) of the dynamo electric field, E, at middle and low latitudes,   60 ∘   N and   29 ∘   N, respectively. A typical tsunami case of    L tsu   ( x )  = 2000   km,    L tsu   ( y )  = 400   km, and    α d  = 0 . 01  , is chosen in reference of Hickey et al.’s model [11]. 
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At the 60° N location in the upper left panel, the density perturbations express different features in response to the switch of the dynamo electric field, E. If E is off with   E = 0  ,    n  e  ′  /  n  e 0     has a wavelike oscillation with an increased amplitude upward from <25% above 150 km altitude initially to >50% above 500 km altitude. This is the case similar to that described by Hickey et al. [11] which provides a percentage of the same magnitude. By contrast, if E is on with   E ≠ 0  ,    n  e  ′  /  n  e 0     has a bipolar-pulse waveform within 300 ± 50 km, with a magnitude of >25%; above 350 km, it conveys an anti-phase waveform relative to the previous case in the absence of E, the magnitude of which is <13%, while below 250 km, it fluctuates around zero percentage. Clearly, the presence of E suppresses the density fluctuations substantially at most altitudes, however, offers an abnormal, large-amplitude pulsation around the 300 km altitude.



The corresponding TEC perturbation features are substantiated in the upper right panel. On the one hand, the case of   E = 0   exposes that the amplitude of the perturbation declines from the highest 11% at ∼250 km altitude to less than 1% above 550 km for all altitudes, consistent with the argument that the TEC deviations should be within 10% of the equilibrium TEC [12]; on the other hand, the   E ≠ 0   case demonstrates that there exists an unusual jump up to 34% at ∼320 km, in a sharp comparison with the surrounding altitudes where the perturbations are merely less than ∼10%. We notice that this result is obtained with the specific tsumani source conditions borrowed from Hickey et al.’s model [11]. Under more extreme tsunami conditions, we agree with the postulation that higher TEC perturbations may be yielded, say, up to ∼100% [11]. Because E is ubiquitous in ionospheric E and F layers, this altitude-dependent peculiarity in TEC perturbations is of extraordinary importance for us to make use of the GPS-TEC signals detected around this particular height for tsunami analysis.



However, there is a rather significant caveat to the surprising pulse-like variation of large TEC perturbations around 300 km altitudes, occurring at the mid-latitude regions. At the low-latitude location closer to the equator,   29 ∘   N, the 300-km peculiarities in both the electron density and TEC perturbations disappear, as exposed in the lower two panels in Figure 6, respectively. The two wave-like perturbations have opposite phases in response to the E-switch, and the former owns an escalated amplitude upward from 0 at 150 km altitude to a little more than 10% at 600 km altitude, whileas and latter holds a reduced one from about 20% lower than 300 km altitude to nearly 0 above 550 km altitude. After a check to the upper left panel of Figure 3, we assume the disappearance of the peculiarities might be explained by the difference in the magnitude of the background electron densities   n  e 0    at the two locations: ionospheric plasma looks like a giant filter; the equatorward location has a larger   n  e 0    than the polarward one; the enhancement in   n  e 0    is large enough to mitigate or filter completely any abrupt electron density perturbations   n  e  ′   and therefore TEC’.




5.3. Effects of Atmospheric/Ionospheric Disturbances


According to either Equation (56) or Equation (63), perturbations in electron density (or TEC) are correlated with a few atmospheric/ionospheric disturbances in (1) photoionization gain and chemical loss; (2) plasma velocities; and, (3) dynamo electric field. The effects of these parameters can be estimated conveniently as follows to get more insights into ionospheric plasma irregularities. We take 300 km altitude as an example for the estimations.



(1) Influence of pure photoionization gain and chemical loss.



The effect of the photoionization gain and chemical loss on   n e   can be obtained by neglecting all the other terms in Equation (50) and taking    k 4  = 7 . 3 ×  10  − 19     m   3  /s;    n  e 0   ∼ 0 . 88 ×  10 11    /m   3   (IRI-2012);    v  i z   ∼  0.01 m/s (Figure 6a in [11];    k  n e   ∼ 0 . 005   1/km,    n ′  /  n 0  ∼ 10   (Figure 2 in this paper). The percentage of the perturbation is as follows:


     n  e  ′   n  e 0     =    k  n e    v  i z     2  k 4   n  e 0       n ′   n 0   ∼ 350 %  



(66)







(2)Influence of plasma velocities.



Compared to ionospheric electron/ion velocities, the photoionization gain and chemical loss contribute only a few 1/1000. They are thus neglected in Equation (50) in cases where   v e   and   v i   are included. This gives


     n  e  ′   n  e 0     =      n ′   n 0    (  k  n e   +  k  v i   )   v  i z   −  (  k  n e   +  k  v e   )   v  e z   ′ *     2  k 4   n  e 0   +  k  v e  *   v  e z  *     ≃  1 +   k  n e    k  v e  *       v  e z   ′ *    v  e z  *    ∼  ( 48 − 67 )  %  



(67)




where    k  v e  *  ≈  k  v e   =  ( 0 . 005 − 0 . 007 )    km    − 1   ,    v  e z  *  ≈  v  n y   ∼ 15   m/s and    v  e z   ′ *   ≈  v  n y  ′  ∼ 5   m/s (Figure 4).



(3) Influence of electric field.



If electric field is involved, the terms containing charge gain and loss and plasma velocities are appreciably small and can be neglected in Equation (50), yielding


     n  e  ′   n  e 0     ≈     (  k  n e   +  k  v e   )   v  e z   ′ *      k  v e  *   v  e z  *     ≃  1 +   k  n e    k  v e  *       δ ( E / B )   E / B    ∼ 5 %  



(68)




where, applying Equation (46),    k  v e   ≈ d  [  ( E / B )  / d z ]  /  ( E / B )  ≈  ( d U / d z )  / U    ∼ 0 . 005   km    − 1    in which   d U / d z ≈ 0 . 2   m/s per km,   U ≈ 40   m/s, giving   δ ( E / B ) / ( E / B ) = δ U / U ≈ 0 . 04   in which   u ≈ 2   m/s from Figure 2.



Thus, Section 5.2 and Section 5.3 expose that, outside the regions of tsunami-driven gravity waves (Section 5.3), in situations where only pure photoionization gain and chemical loss are involved, electron density perturbation,    n  e  ′  /  n  e 0    , is proportional to the neutral density perturbation,    n ′  /  n 0   , and can soar to as high as 350% in the F2 peak layer. However, when plasma motions are present in the absence of ionospheric dynamo electric field, i.e.,   E = 0  , photoionization and chemical loss become negligible.    n  e  ′  /  n  e 0     becomes dependent of the meridional wind perturbation,    v  n y  ′  /  v  n y    , which contributes to a perturbation of 50%–70%. If   E ≠ 0  , the dynamo action via the   E × B   drift suppresses the electron density perturbation to as low as ∼5%. By contrast, within the wave propagation regions (Section 5.2), the gravity waves bring about a TEC perturbation of around 10% at all altitudes for   E = 0  ; and contribute to >30% perturbation in the F2 peak layer, but down to within 10% outside the layer for   E ≠ 0  . Because ionospheric E is available everywhere above 150 km altitude, the regions around 300 km altitudes provide us a location to collect GPS-TEC data and extract tsunami information from electron density perturbation signals.





6. Summary and Discussion


In the present study, we concentrate on the theoretical modeling of the ionospheric electron density and TEC perturbations driven by tsunami-excited gravity waves. The purpose of the study lies in suggesting an extended data-fit model which is able to grant data analysis and case study more accurately, so as to design a more reliable algorithm to estimate the tsunami wave front, and subsequently help to confirm and image tsunamis by comparing both the space-borne and ground-based GPS measurements (e.g., [104]) with our modeling results, thus be able to establish a more effective and efficient tsunami warning and alarming system in future work.



For this purpose, this paper extends the procedure described by Hickey et al. ([11]) to obtain electron density and TEC perturbations by (1) employing the classical ionospheric electrodynamics to replace MacLeod’s ion momentum equation; (2) borrowing Kendall and Pickering’s generalized perturbation theory to directly get the electron density perturbation equation; and (3) involving the effect of the ionospheric dynamo electric field on the plasma perturbations. Under nondissipative, windshear, and nonisothermal atmospheric conditions, the study demonstrates that

	(1)

	
The magnitude of E is within several mV/m, determined by the crossed product of zonal neutral wind and meridional geomagnetic field;




	(2)

	
When   E = 0   at the mid-latitude location (60° N), the fluctuation in   n  e  ′   is dominated by the meridional wind in the F2 region (above 220 km altitude). The percentage of   n  e  ′   over   n  e 0    has an enhanced amplitude from around 20% at 200–250 km altitudes to larger than 40% at 500 km altitude; by contrast, the amplitude of corresponding TEC perturbation is damped gradually from ∼15% to <5% at related altitudes, respectively.




	(3)

	
When   E ≠ 0   at the same latitude location, the fluctuation in   n  e  ′   is determined by the zonal wind in the same ionospheric region. The percentage of   n  e  ′   over   n  e 0    drops down to less than 15% at all altitudes, except an appreciable jump to >25% in the F2-peak layer (300–340 km altitudes); within the layer, the related TEC perturbation pulse arrives at 35% while and outside the layer the amplitude of the fluctuation is no more than 10%.




	(4)

	
At lower latitudes (say,   29 ∘   N), however, the sharp enhancement in the magnitude of the dynamo E-driven TEC perturbation in the F2-peak layer is filtered away by the denser background electron density; in both   E = 0   and   E ≠ 0   cases, the amplitudes of the fluctuations in   n  e  ′   or TEC are roughly the same as each other, but anti-phased.




	(5)

	
Although atmospheric/ionospheric fluctuations caused by photoionization gain and chemical loss and plasma velocities are able to enhance the   n  e  ′  -amplitude substantially to 350% and 48%∼67%, respectively, electric field restrains the divergence significantly to 4% if gravity waves are not involved.









We come to a conclusion that the effect of the ionospheric dynamo electric field cannot be neglected in estimating electron density perturbations driven by tsunami-excited gravity waves. Dynamo E-driven TEC perturbation provides a probe for tsunami monitoring by making use of the GPS-TEC signals outside low-latitude regions. Though only an individual component in the gravity wave spectrum is involved, we hope to make use of the basic knowledge gained in this paper to attack more realistic problems through a series of following incremental steps toward our goal of reconstructing and explaining measured tsunami-related electron density perturbations reported in natural hazards, say, 2004 Sumatra tsunami events (e.g., [15]). Such a problem may be related to the temporal behavior of the waves, in addition to the vertical profiles as discussed in this paper: How long does it take for the tsunami perturbation to reach a height, h, say, 600 km above the sea surface? To solve the problem, we need to rely on the dispersion relation of the gravity waves,   ω = ω ( k )  . Only after obtaining an explicit expression of the dispersion relation, can we can calculate both the vertical phase speed,    v  p h   = ω /  k z   , and the vertical group speed,    v  g r   = ∂ ω / ∂  k z   . From the two speeds, we can finally illustrate the time lapses,    t  p h 1   =  ∫  0  h  d h /  v  p h     and    t  p h 2   =  ∫  0  h  d h /  v  g r    , for the wave crests’ and its energy’s travels upward, respectively. A sister paper will introduce new ray-tracing results of tsunami-driven gravity waves propagating upward by developing the classical Hines’ isothermal and shear-free model to a more generalized realistic nonisothermal and wind-shearing model.



In addition, we would like to discuss a potential concern which may arise from readers: the ionospheric signature of the tsunami-excited gravity waves has been discussed up to 600 km height under a non-dissipative model. However, in realistic atmosphere, gravity waves can be considerably dissipated by such terms like kinetic viscosity and heat conductivity. Are these results valid for dissipative situations from which GPS-TEC signals are detected?



We explain that this paper is the first one of a series on Tsunami imaging using ionospheric radio occultation data. It did not discuss straightforwardly the dissipative effects. This is because we are dealing with a complicated subject related to wave excitation and propagation in atmosphere and ionosphere where electrodynamics plays a dominant role to drive plasma perturbations, unfortunately neglected before due to understandable reasons. The complexity of the topic requires that we pay attention dominantly to the electric field effect first of all in this first paper, with a purpose to approach to a finally least-error solution through a series of incremental steps, so as to be able to understand the physics and, based on gained knowledge, to develop appropriate algorithms for solving more realistic problems, e.g., using ionospheric radio occultation data to detect tsunami wave fronts while providing increased coverage and data density for the purpose to provide effective and efficient data-fit modeling to GPS signals for constructing a tsunami warning or alerting system. Fortunately, this subject has attracted more attentions in applications and many new results have been reported recently, such as, Yang et al.’s detection of the ionospheric disturbances in response to North Korean nuclear tests [105]; Yang et al.’s study on the meteor ionospheric impact by means of GPS data [106] and the ionospheric disturbances over Alaska driven by Tohoku-Oki earthquake [107]; and, most recently, Coisson et al.’s pioneer work to provide evidence that radio occultation data can be used for tsunami detection [108].



In order to reduce the complexity, this first paper did not discuss explicitly the effects of dissipative terms, such as kinetic viscosity and thermal conductivity. Instead, it applied relevant results implicitly in relevant simulations, while a comprehensive discussion is presented in a sister paper (to be submitted soon), based on a revisit to Vadas and Fritts’ work ([109]). According to this sister paper, below 150 km altitude, the dissipation terms has no discernable effects. By contrast, above 200 km altitude, the dissipation considerably damps the atmospheric perturbation. For example, the neutral wind perturbation drops substantially from several hundreds of m/s under nondissipative conditions (as given in Figure 2 of this paper) to merely a few of m/s under dissipative conditions. This result is in consistent with Hickey et al. [11]. However, for the ionospheric properties, dissipation can be totally neglected due to the several orders smaller in magnitude in the momentum and energy equations than the Lorentz force and Joule heating impacts, respectively. These results verified Kaladze et al.’s gravity wave model in ionosphere [110]. Consequently, the impact of the dissipative terms affect heavily the neutral wind above 200 km altitude, and it exerts little effect on plasma properties at all altitudes. We therefore need to consider these terms only in the calculations related to the magnitude of neutral wind perturbations; in other words, we just need to replace the neutral wind profiles under non-dissipative conditions with those under dissipative conditions to obtain theoretical TEC signatures in realistic dissipative atmosphere.



Fortunately, Hickey et al. [11] Figure 5a provided the vertical profiles of the wind magnitudes under both dissipative and non-dissipative conditions, respectively. The ratio of the two magnitudes is further defined as a damping factor,   α d  , in this paper. The vertical profile of   α d   is plotted in the RHS panel of Figure 5. In calculating the electron density/TEC perturbations in the last Section, all the wind speeds under non-dissipative conditions are substituted by dissipative ones with the introduction of factor   α d  . As a result, though starting from a simple, non-dissipative model, which provides readers the simplest picture to gain important insights into data-fit modeling of GPS signals, the electron density/TEC perturbation results presented in this paper respond to realistic atmospheric conditions in the presence of previously neglected ionospheric dynamo electric field: we have in fact tackled a situation for which the dissipative ingredients are also involved to influence GPS signals through the wind damping factor. The results thus offer a reference to produce a tsunami warning or alerting algorithm in realistic situations both qualitatively and quantitatively. The complete picture of the dissipative effects on the tsunami-driven gravity waves will be introduced in a sister paper.



At last, we would like to argue that Figure 5 of Occhipinti et al. [23] might be difficult to interpret, since it contains the data of the whole network of stations. In the figure there are saturations (i.e., values exceeding the range shown in the panels where there are points colored with the maximum value of the used color-bars. Considering the amplitude of the signals varies for each phase of TEC oscillations, this kind of figures will usually show a limited range of values that allow identifications of all the oscillations. It therefore reveals the periods of the waves, however, not the full range of observed amplitudes [111].
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